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[1] Iron (Fe) is a limiting nutrient for phytoplankton productivity in many different
oceanic regions. A critical aspect underlying iron limitation is its low solubility in seawater
as this controls the distribution and transport of iron through the ocean. Processes which
enhance the solubility of iron in seawater, either through redox reactions or organic
complexation, are central to understanding the biogeochemical cycling of iron. In this work
we combined iron solubility measurements with parallel factor (PARAFAC) data analysis
of Coloured Dissolved Organic Matter (CDOM) fluorescence along a meridional transect
through the Atlantic (PS ANT XXVI‐4) to examine the hypothesis that marine humic
fluorescence is a potential proxy for iron solubility in the surface ocean. PARAFAC
analysis revealed 4 components (C1‐4), two humic like substances (C2&4) and two
protein‐like (C1&3). Overall none of the 4 components were significantly correlated with
iron solubility, though humic‐like components were weakly correlated with iron solubility
in iron replete waters. Our analysis suggests that the ligands responsible for maintaining
iron in solution in the euphotic zone are sourced from both remineralisation processes and
specific ligands produced in response to iron stress and are not easily related to bulk
CDOM properties. The humic fluorescence signal was sharply attenuated in surface waters
presumably most likely due to photo bleaching, though there was only a weak correlation
with the transient photo product H2O2, suggesting longer lifetimes in the photic zone for
the fluorescent components identified here.
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1. Introduction

[2] The solubility of iron in seawater is a major control on
the formation of colloidal and particulate iron and in turn on
the bioavailability of iron to phytoplankton. Inorganic iron is
poorly soluble in oxygenated seawater [Kuma et al., 1996;
Liu and Millero, 2002] and is observed to be as low as
20 pmol L−1 at pH 8.1, 25�C. Thus Fe(III), the thermody-
namic favored form of Fe under oxygenated conditions in
seawater is rapidly scavenged and forms various Fe(III)‐
oxyhydroxides. However in the presence of strong organic
Fe binding ligands the solubility is raised to nM levels

[Kuma et al., 1996; Liu and Millero, 2002]. Fe(II) is the
more bioavailable fraction of iron [Shaked et al., 2005] but
is mostly present as a reactive intermediate in Fe cycling
under ambient seawater conditions due to its rapid oxidation
by O2 and H2O2 [Santana‐Casiano et al., 2006]. Presently
however there is very little information on the key processes,
and the rates, by which Fe is converted to, or maintained in,
soluble forms. Similarly there is a lack of data on the sources
and sinks for the organic ligands that complex Fe in seawater.
[3] A promising area of research is the apparent correla-

tion found previously in intermediate and deep waters of
the Pacific between Fe solubility, nutrient concentrations,
apparent oxygen utilization (AOU) and humic fluorescence
(HFlu) [Hayase and Shinozuka, 1995; Kuma et al., 1998].
This relationship has been interpreted as indicating release
of organic metal chelators from the remineralization of par-
ticulate matter. Thus these organic chelators are a fraction
of the dissolved organic matter (DOM) in the ocean. DOM
is a complex mix of organic molecules and is poorly described
in terms of it composition. Chromophoric Dissolved Organic
Matter (CDOM) is the proportion of DOM that absorbs light
and this is easily characterized by its absorbance and fluores-
cence properties [Coble, 2007]. The CDOM fluorescence
signals observed in seawater can generally be divided into
two categories [Coble, 1996]; humic‐type or protein/amino
acid‐type fluorescence. Multiple components can be deter-
mined using Excitation Emission Matrix (EEM) fluorescence

1

All Supporting Information may be found in the online version of this
article.

1Helmholtz Centre for Ocean Research Kiel (GEOMAR), FB2 Marine
Biogeochemistry, Chemical Oceanography, Kiel, Germany.

2CICTERRA/Universidad Nacional de Còrdoba, Chemistry Department,
Còrdoba, Argentina.

3Earth and Ocean Sciences, School of Natural Sciences, National
University of Ireland Galway (NUI‐Galway), Galway, Ireland.

4Now at Department of Biological Sciences, University of Southern
California, Los Angeles, California, USA.

Corresponding author: M. I. Heller, Department of Biological Sciences,
University of Southern California, 825 Bloom Walk ACB 401, Los
Angeles, CA 90089, USA. (miheller@usc.edu)

©2012. American Geophysical Union. All Rights Reserved.
0886-6236/13/2012GB004427

GLOBAL BIOGEOCHEMICAL CYCLES, VOL. 27, 1–14, doi:10.1029/2012GB004427, 2013



methods combined with parallel factor (PARAFAC) data
analysis [Stedmon and Bro, 2008]. Humic‐like fluorescence
has been observed in a wide range of marine environments,
and in general correlates well with nutrients (NO3

−, PO4
3−)

and apparent oxygen utilization (AOU) in different water
masses [Hayase and Shinozuka, 1995; Kuma et al., 1998;
Yamashita and Tanoue, 2008; Yamashita et al., 2007]. These
correlations suggest that the components that make up fluo-
rescent CDOM are formed by the remineralization of settling
organic particles and are destroyed or modified by irradiation.
[4] Marine humic substances are composed of a large frac-

tion of the uncharacterized DOM in the ocean [Zafiriou
et al., 1984] but the relative contribution of these complex
substances to seawater fluorescence is still unclear. The
complexation of iron by terrestrial humic acids has been
shown to increase iron solubility at pH 8 in NaCl solutions
[Liu and Millero, 1999]. Recent research suggests that due
to the tight correlation between humic‐type fluorescence
and iron solubility in vertical profiles, that substances with
humic character could have a strong iron‐binding capacity
and thus be a control on Fe(III) solubility and dissolved
iron concentrations in seawater [Kitayama et al., 2009;
Nakayama et al., 2011; Nishimura et al., 2012; Takata
et al., 2004; Tani et al., 2003]. In the present work we inves-
tigate the links between Fe solubility and fluorescence based
estimates of marine humic levels using both a single wave-
length approach [Tani et al., 2003] and using multiple wave-
lengths by PARAFAC [Jørgensen et al., 2011].
[5] Links between bulk DOM and iron solubility have also

been reported; Chen et al. [2004] reported data showing a lin-
ear relationship between dissolved organic carbon (DOC)
concentrations and iron solubility. More recently Wagener
et al. [2008] suggested that DOC had an impact on the disso-
lution of dust in surface waters at a time series site in the
Mediterranean. They found that the dissolution rate of iron
from atmospheric dust was linearly dependent on iron bind-
ing ligands and DOC concentrations. Similar work [Heller
and Croot, 2011] close to Cape Verde in the Tropical Eastern
Atlantic has shown similar temporal variations in iron speci-
ation and reactivity during dust deposition experiments.
These later studies suggest that the iron binding and therefore
solubility may be highly variable in surface waters.
[6] CDOM absorption of sunlight in the euphotic zone

leads to excited triplet states which can react with triplet O2

to form O2
− and carbocations [Heller and Croot, 2010a;

O’Sullivan et al., 2005]. Photo‐produced O2
− is the dominant

source of H2O2 in the euphotic zone through reactions with
trace metals and CDOM [Heller and Croot, 2010b; 2010c].
At present there is little information regarding links between
CDOM fluorescence and the formation of H2O2 in the
ocean. It is well known that photo‐oxidation of Tryptophan
produces O2

− and subsequently H2O2 [McCormick and
Thomason, 1978], reactions with other photo‐produced reac-
tive oxygen species (ROS) (e.g. 1O2 and OH) may also be
important pathways for the destruction of proteins, and hence
the loss of protein‐like fluorescence, in the ocean [Boreen
et al., 2008]. Similarly the loss of HFlu in surface waters is
often ascribed to photo‐bleaching [Omori et al., 2011] but only
a few studies have examined the production of H2O2 from
marine humics [Amador et al., 1990; Cooper et al., 1988].
[7] The present work seeks to examine the relationship be-

tween the distribution and properties of fluorescence

substances, including humics, and iron solubility under am-
bient conditions in the epipelagic and upper part of the meso-
pelagic zone during an Atlantic Meridional Transect (AMT)
which passed through regions which are impacted by dif-
ferent aeolian dust sources (e.g. Sahara and Patagonia).
This study was performed in the context of a Deutsche
Forschungsgemeinschaft (DFG) project, ADIOS‐BAO
(Atmospheric Dust and Irradiation effects on Ocean surface
processes–Biogeochemistry in the Atlantic Ocean), in which
the goal was to examine the influence of atmospheric dust
deposition and irradiation on biogeochemical processes in
the upper Atlantic ocean. The sampling program also included
an occupation of the TENATSO ocean site (Tropical Eastern
North Atlantic Time‐Series Observatory, 17.59�N, 24.25�E;
3600 m water depth.) where we have performed related work
[Heller and Croot, 2011] and a routine sampling program is
maintained. The related TENATSO atmospheric observatory
is located nearby on the island of Sao Vicente, Cape Verde.

2. Atlantic Meridional Transect–Dust Impacts
on Biology

[8] A key area of research at present is focused on how
iron and other biogeochemically important trace elements
enter the ocean through atmospheric deposition [Baker and
Croot, 2010; Jickells et al., 2005]. In this respect the Atlantic
ocean is subject to an extremely wide range of deposition
fluxes with low fluxes in the high latitude regions contrast-
ing sharply with the highest fluxes found in the global
ocean coincident with the passage of the Saharan Air Layer
(SAL) over the Northern Tropical Atlantic [Karyampudi
et al., 1999]. Iron supply has been hypothesized to limit
N2 fixation and hence oceanic primary productivity on geo-
logical timescales providing an alternative to phosphorus as
the ultimate limiting nutrient [Falkowski, 1997]. Bioassay
experiments in the eastern tropical North Atlantic showed
that community primary productivity was N‐limited, and
that N2 fixation was co‐limited by iron and phosphorus
[Mills et al., 2004]. The low aerosol flux to the equatorial
South Atlantic leads to both lower rates of N2 fixation
[Moore et al., 2009] and lower abundances of the N2‐fixing,
colonial cyanobacterium Trichodesmium [Tyrrell et al.,
2003] in the South Atlantic than in the iron rich North Atlan-
tic. Patagonian dust may also be an important source of Fe to
the South Atlantic and Atlantic sector of the Southern Ocean
[Evangelista et al., 2010; Johnson et al., 2011]. However
along the continental shelf of South America, iron is sup-
plied in roughly equivalent amounts from the atmosphere
and coastal erosion, with a minor riverine component
[Gaiero et al., 2007; Gaiero et al., 2003].
[9] The meridional distribution of CDOM absorbance in

the major oceans was recently investigated by Nelson et al.
[2010]. These authors found a positive correlation (R2 >
0.8) between CDOM and AOU in the top 1000 m of the
Pacific and Indian Ocean but a much weaker correlation
for the Atlantic (R2 > 0.05). A significant linear relationship
(95%) was found between CDOM and other indices of
organic matter remineralization (NO3

−, PO4
3−, TCO2). How-

ever the transformation of dissolved materials cannot be
the dominant source of CDOM, as <10% of AOU in deep
waters result from DOC remineralization [Aristegui et al.,
2002]. Differences in the CDOM distribution in the Pacific
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and Indian Oceans to the Atlantic Ocean have been
explained by a combination of factors relating to circulation
and production. The surface water CDOM distribution of
the North Atlantic is influenced by high CDOM waters
(sub‐arctic gyre, Arctic Ocean) and low CDOM waters (sub-
tropical gyre) which are mixed in the water column by the
formation of North Atlantic Deep Water [Nelson et al.,
2007]. The rapid mixing in the Atlantic was found to dilute
CDOM in its interior and this implies that the time scale for
CDOM accumulation is greater than ~50 years. These venti-
lation rates exceed the rates of production which masks
subsequently the correlation between CDOM and AOU.
The apparent north‐south symmetry of the Atlantic found
along the A16 and A20 lines by Nelson et al. [2010] sug-
gested to those authors that mixing processes, predominantly
through the formation and transport of Antarctic Intermedi-
ate water, controlled the distribution of CDOM in the sur-
face and intermediate waters of the South Atlantic.

3. Methodology

3.1. Sampling in the Water Column

[10] Samples were collected during the ANTXXVI‐4 from
7 April to 17 May 2010 on board the German research vessel
RV Polarstern on an AMT between Punta Arenas, Chile and
Bremerhaven, Germany (Figure 1). Two short port calls
were made in Mindelo, Cape Verde and Las Palmas, Canary
Islands to exchange equipment and personnel. During the
passage along the AMT a sampling station was occupied
daily at local noon with a hydrocast down to 400 m. Samples
were obtained throughout the upper 400 m for CDOM ab-
sorbance and fluorescence, HFlu, and H2O2 using standard
Niskin bottles fitted to a seabird Conductivity‐Temperature‐
Depth (CTD) rosette system. This system consisted of a
SBE911plus CTD system in combination with a carousel
water sampler SBE32 with 24 12‐L bottles. In addition to this
a transmissometer fromWetlabs and a Dr. Haardt Fluorometer
(chlorophyll a fluorescence, denoted here as AFL, Figure 2)
were used. The CTD system was equipped with a CT sensor
pair. Unfortunately no O2 sensor was installed on the CTD
during this expedition.
[11] At 6 of the daily stations occupied during

ANTXXVI‐4 additional sampling was also performed for
iron solubility (Figure 1). This involved trace metal clean
sampling of seawater using modified Teflon coated PVC
General Oceanics (Miami, FL, USA) GO‐FLO bottles of
8 L deployed from the trace metal clean winch on the
RV Polarstern. Immediately upon recovery of the bottles,
samples were filtered in‐line through 0.2 μm filter cartridges
(Sartorious Sartobran filter capsule 5231307H5) by N2 over-
pressure into acid cleaned 1 L Teflon bottles (Nalgene).
Samples for CDOM and HFlu measurements were also
obtained from these casts. All sampling and analysis was
performed in a Class 5 sea going clean container (Clean
Modules, UK).

3.2. Reagents and Labware

[12] Ultrapure (UP) water (R >18MΩ cm−1) was obtained
in the laboratory and in the sea going clean container via a
Millipore Synergy 185 system that was fed by an Elix‐3
(Millipore) reverse osmosis system connected to the mains
supply. All equipment used for analysis were carefully

cleaned with quartz distilled HCl (Q‐HCl) and rinsed with
UP before further use.

3.3. Iron Solubility Measurements

[13] The radioisotope 55Fe is a weak beta emitter with a
half‐life of 2.7 years. The required radioisotope was re-
ceived from Hartmann Analytics (Braunschweig, Germany).
In this work the 55Fe (Perkin Elmer) had a specific activity of
1985.42 mBq/mg Fe, a total activity of 75 mBq and a con-
centration of 1466.79 mBq/mL. The received 55Fe isotope
was dissolved in 0.1 m HCl and dilution standards were pro-
duced with UP water and acidified with Q‐HCl to a pH < 2.
[14] The experimental protocol was principally the same

as described previously [Schlosser and Croot, 2009], how-
ever the 0.02 μm Anotop syringe filter (Whatman) used pre-
viously was not available and so we were replaced them
with Millipore MF 0.025 μm filters identical to those used
in earlier solubility studies [Kuma et al., 1996; Nakabayashi
et al., 2002]. The change in filter material required a new fil-
tration system to be constructed. All the equipment used
were Teflon and commercially available from Savillex.
The filtration vessel was a 500 mL standard jar with transfer
closure and two tube ports. On one of the tube ports a 47 mm
filter holder and sample reservoir (200 mL) was connected
with the appropriate adapters. To the second tube port of
the jar, a trace metal clean vacuum pump (ILMVAC
MPR060E) was connected, to achieve the required overpres-
sure to pass the samples through the 0.025 μm filters. Dupli-
cate samples of both filtered (0.025 μm) and unfiltered
seawater (400 μL) were acidified and transferred into 6 mL
vials in which 4.5 mL of scintillation fluid (Lumagel Plus®)
were added. Sample storage, treatment and measurement
were performed at room temperature (23�C) in the isotopic
container located on the RV Polarstern. Iron solubility
experiments were initiated within 3 hours of sample collec-
tion and run for upto 48 hours. Only the results after 48 hours
are presented here. The activity of the 55Fe solutions were de-
termined by scintillation counting (Packard, Tri‐Carb
2900TR) and then converted to soluble Fe concentrations,
taking into account the activity of the added isotope solution
and the in‐situ dissolved Fe concentration of each sample
(Measured at sea by flow injection analysis and later in the
Laboratory in Kiel by standard methods [Grasshoff et al.,
1999]). Quench curves for 55Fe were produced by adding
an identical amount of radiotracer and scintillation fluid to a
series of samples containing a range of seawater additions.

3.4. CDOM Absorbance

[15] CDOM measurements were performed using a liquid
waveguide capillary cell (LWCC) (LWCC‐2100 World Pre-
cision Instruments, Sarasota, FL, USA) and an Ocean Optics
USB4000 UV‐VIS spectrophotometer in conjunction with
an Ocean Optics DT‐MINI‐2‐GS light source. Samples
were syringe filtered through 0.2 μm filters (Sarstedt), the
first 10 mL were discarded and the absorbance measured
by direct injection into the LWCC. Absorbance measure-
ments were made relative to UP water and corrected for
the refractive index of seawater based on the procedure out-
lined in Nelson et al. [2007]. The resulting dimensionless
optical density spectra were converted to absorption coeffi-
cient (m−1): aCDOM(λ) = 2.303 Aλ/ℓ, where 2.303 converts de-
cadal logarithmic absorbance to base e, and ℓ is the effective
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optical pathlength of the waveguide (here 50.3 ± 0.5 cm as
determined by the manufacturer). In the present work we
measured CDOM absorbance over the wavelength range
280 to 800 nm, but only the data at 325 nm (a325) is pre-
sented (Figure 4).

3.5. Excitation Emission Matrix (EEM) and Marine
Humic Fluorescence Measurements

[16] Samples for CDOM fluorescence measurements were
syringe filtered through 0.2 μm filters (Sarstedt) as described
above for the absorbance measurements. Humic‐type fluo-
rescence measurements were performed with a Hitachi
FL‐2700 Fluorometer using a 1 cm quartz cell. Measurements

of HFlu [Tani et al., 2003] were performed by analysis of
samples using excitation at 320 nm and emission at 420 nm
(10 nm slit widths). Each sample was also analyzed as
Excitation Emission Matrix (EEM) on the Hitachi FL‐2700
Fluorometer using the same 1 cm quartz cell as for the
HFlu measurements. For the EEM analysis, excitation wave-
lengths were scanned (12000 nm/min) from 250 to 500 nm
(5 nm slit width and 5 nm increments) and emission wave-
lengths (5 nm slit width and 5 nm increments) from 280 to
600 nm, the photon multiplier tube (PMT) voltage was set
at 700 V (maximum) and the response time 0.08 s. Sample
fluorescence was normalized to daily measurements of stan-
dards of quinine fluorescence (QSU) [Mopper and Schultz,
1993] or to the Raman induced fluorescence of water (excita-
tion 350 nm) [Stedmon et al., 2003]. The normalized EEMs
were analyzed by PARAFAC in MATLAB™ under applica-
tion of the DOMFluor toolbox [Stedmon and Bro, 2008]. Us-
ing split half analysis, four components were validated. No
samples were removed from the dataset.

3.6. Dissolved Inorganic Phosphate (DIP)

[17] Samples for DIP were obtained directly from the
GO‐FLO bottles using the same procedure as outlined above
for the iron solubility measurements and were frozen imme-
diately for later analysis in the laboratory in Kiel. Prior to
analysis samples were carefully thawed and the DIP content
was detected by the method of Murphy and Riley [1962],
with a 1 m LWCC in order to obtain the sensitivity required
for detection in the nM range [Li et al., 2008].

3.7. H2O2 Measurements

[18] Samples for H2O2 were analysed at sea within 1–2 h
of collection using a flow injection chemiluminescence
(FIA‐CL) reagent injection method [Yuan and Shiller,
1999] as described previously [Croot et al., 2004]. Samples
were analysed using 5 replicates: typical precision was 2–3%
through the concentration range 0.5–100 nM, the detection
limit (3 s) is typically 0.2 nM.

4. Results and Discussion

4.1. Chlorophyll Fluorescence Along the Transect

[19] Chlorophyll fluorescence was generally low along the
AMT (Figure 2) with a prominent deep chlorophyll maxi-
mum (DCM) in the oligotrophic tropical gyres as observed
previously for other similar AMTs [Tarran et al., 2006].
There was a slight asymmetry between the Northern and
Southern hemispheres as the DCM was located deeper in
the south (~120–150 m) than in the north (~80–110 m). A
similar asymmetry is also seen in the observed seawater tem-
perature across the AMT with warm waters in the southern
tropical gyre extending deeper than in the northern tropical
gyre (Figure 3). Both of these features have been observed
previously [Tarran et al., 2006].

4.2. Iron Solubility Along the Transect

[20] Iron solubility measurements were performed at 6 sta-
tions along the AMT (Figure 1) and the iron solubility
values after 48 hours for 5 of these stations (272, 279, 283,
287, 294) are shown in Figure 3. Data from station 292 were
collected from only a single depth and are not discussed

Figure 1. Station plot of the Polarstern cruise ANTXXVI‐
4; green diamonds show the stations where CDOM and
humic Florescence measurements were made, at the stations
shown as red diamonds additional Fe solubility experiments
were undertaken using the radioisotope 55Fe.
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here. Further experiments examining the kinetics of iron sol-
ubility are presented elsewhere [Croot and Heller, 2012].
[21] Vertical profiles of iron solubility varied widely along

the transect (Figure 3). At the southernmost station (272)
there was a minimum in the near‐surface with a broad
maximum from 40–80 m possibly related to the DCM at this
location (Figure 2). At 10.7�S (Station 279) the profile
decreased slightly from the surface to 200 m and then
increased. Close to the equator (Station 283) the profile
increased from the surface to a maximum at 100 m and
was then relatively constant in the deeper waters. At the
TENATSO site (Station 287) the profile was similar to
that at 272 with a local maxima between 40–80 m and a
gradual increase with depth. At the northern most station
(294), iron solubility was relatively constant throughout the
water column.
[22] The minimum in iron solubility frequently seen in the

near‐surface water samples is most likely related to photo‐
degradation of iron binding ligands [Barbeau et al., 2003;
Powell and Wilson‐Finelli, 2003]. The local maxima
observed in the depth range 40–80 m may be related to lo-
calized production of iron complexing ligands (e.g. sidero-
phores) by bacteria or cyanobacteria [Ito and Butler, 2005;
Martinez et al., 2001]. However the production of these
ligands may not simply be related to iron limitation as a

recent study has shown that siderophore production in bioas-
says along a similar AMT can be enhanced by the avail-
ability of different C sources [Mawji et al., 2011]. Previous
studies have also found that iron solubility in the open ocean
is highly variable in the region between the surface and
the chlorophyll maxima with both solubility minima and
maxima possible [Kuma et al., 1996; Kuma et al., 1998;
Schlosser and Croot, 2009].
[23] The iron solubility values we measured using the

Millipore MF are much higher than those measured previ-
ously in the Atlantic with 0.02 μm Anotop filters [Schlosser
and Croot, 2009], though they are similar to values found
using the same Millipore MF filters in the North Pacific
[Kuma et al., 1998; Nakabayashi et al., 2002] where iron
solubilities up to 3.5 nM have been found in surface waters.
Chen et al. [2004] observed that the Anotop filters were con-
siderably different from their rated pore size of 0.02 μm (or
~500 kDa; Chen et al. state 2000 kDa in their work but
most manufacturers of 20 nm filters indicate it is nominally
500 kDa) as their own investigations indicated it was actu-
ally ~3 kDa, this is also in line with work performed in our
own laboratory [Schlosser, 2013]. The 0.025 μm Millipore
MF filters used in the present study appear to have a filter
cutoff more in keeping with their stated poresize based on
comparison with ultrafiltration (P. Croot, unpublished data).

Figure 2. Plot of Chlorophyll Fluorescence during the meridional transect through the Atlantic in April–
May 2010.

Figure 3. Distribution of temperature along the meridional transect in the Atlantic. Superimposed over
the transect is the soluble Fe concentrations at each station measured along the transect.
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Another important difference between our work and earlier
studies is that our samples were processed immediately at
sea, while other studies were performed on samples that
had been frozen and then later thawed in the laboratory.
Recent work has shown that freezing of samples can impact
iron solubility measurements performed by using Anotop
filters [Schlosser et al., 2011] and presumably this may also
apply to other filters.
[24] The cutoff used in pre‐filtration of the water sample

may also have an impact on the results of the iron solubility
experiments, as studies using 0.45 μm pre‐filtration [Kuma
et al., 1996; Liu and Millero, 2002] have shown that equilib-
rium is established over timescales ranging from 1–2 weeks,
while less than 24 hours was required when 0.2 μm pre‐
filtration was used [Chen et al., 2004]. The results of Chen
et al. [2004] agree with kinetic experiments we performed
during this cruise [Croot and Heller, 2012] as we observed
that there was relatively little change in iron solubility after
24 hours using 0.2 μm pre‐filtration. Thus the inclusion of
significant colloidal matter/ligands may have an important
influence on the kinetics and final equilibrium value of iron
solubility attained. Additionally adsorption to the walls of
the sample containers may also be a critical factor [Fischer
et al., 2007; Schlosser et al., 2011]. In the present work
we used Teflon throughout, while earlier studies have used
both polypropylene [Kuma et al., 1996; Nakabayashi et al.,
2002] and also Teflon [Liu and Millero, 2002]. Kinetics here
are also important as longer incubation times may lead to a
greater degree of wall adsorption [Schlosser et al., 2011].
[25] Iron complexation studies, typically using volt-

ammetric methods [Croot and Johansson, 2000; Rue and
Bruland, 1995], have indicated that iron in surface waters
is strongly complexed by organic ligands. The presumption

is that these same ligands are responsible for elevating iron
solubility above the ~80 pM limit imposed by the low
solubility of inorganic iron [Liu and Millero, 2002]. It is
important to note here that the voltammetric methods don't
measure the total iron binding ligand concentration present
in seawater but an operational defined fraction that is
detectable through competition with an added ligand at a
given detection window. Thus in general voltammetric
methods should determine a lower value than iron solubil-
ity methods when using the same filtration cutoff. In prac-
tice however voltammetric measurements are performed
on 0.2 μm filtered water and thus still include colloids
[Boye et al., 2010].
[26] There has been only a handful of iron speciation stud-

ies reported along the here presented AMT. The earliest
study was performed in the south and equatorial Atlantic
and found that there was no systematic variation in ligand
concentrations (1–2 nM) with either depth or water mass,
with an excess of ligands in near surface waters [Powell
and Donat, 2001]. Studies in the oligotrophic Canary basin
[Gerringa et al., 2006] found relatively low Fe concentra-
tions whereas Fe complexing ligands abounded especially
in the mixed layer. Some phytoplankton groups (Synecho-
coccus and pico‐eukaryotes) were positively correlated with
iron binding ligand concentrations and Gerringa et al.
[2006] suggested, that these groups may be partly responsi-
ble for ligand production, however the relationship was not
statistically significant due to the small sample size (n = 4).
These authors further suggested that organic compounds
leaking out of non‐viable cells [Veldhuis et al., 2001], possi-
bly via viral lysis of cells [Poorvin et al., 2011], in the
surface waters could act as ligands in addition to the active
production of siderophores in response to iron stress. A

Figure 4. (a, top) Marine humic fluorescence (320 nm excitation, 420 nm emission) across
the meridional transect in the Atlantic Ocean; (b, bottom) The distribution of CDOM absorbance at 325
nm (a325) along the AMT is shown in Figure 4b.
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similar hypothesis has been put forward for Cu ligands in
seawater [Croot et al., 2000].
[27] A more recent iron speciation study in the NE Atlan-

tic Ocean, adjacent to Cape Verde, at a time when surface
concentration of dissolved iron were low (0.1–0.4 nM) also
found higher concentrations of ligands (0.82–1.46 nM) with
a high percentage of uncomplexed ligands [Rijkenberg et al.,
2008]. These workers were able to samples both before and
after a relatively small Saharan dust event and observed a
small increase in dissolved iron (0.2 to 0.25 nM) and a
decrease in the concentration of uncomplexed iron binding
ligands (1.15 to 0.89 nM), coupled with no detectable
change in the stability constant for the ligands after the dust
event. This suggested to those authors that there was no fur-
ther input of Fe binding ligands either from dust deposition
or in the biotic response to this event.
[28] The identification of distinct iron binding ligands in

seawater is in its infancy. In a pioneering study a number
of hydroxamate siderophores were identified at the pM level
along an AMT, May–June 2005, from South Africa to the
UK [Mawji et al., 2008]. Ferrioxamine G was found
throughout the transect (2.6–10.5 pM) with lowest concen-
trations in the oligotrophic gyres. Ferrioxamine E was only
found in the sub–tropical and temperate regions (0.1–10.2
pM) and was below detection (<0.1 pM) in the equatorial
and oligotrophic gyre regions. Amphibactin siderophores
were below detection throughout the AMT but were
detected along with Ferrioxamines E and G in samples
enriched with glucose, nitrate and phosphate. Both the
Amphibactins and Ferrioxamine G are produced by marine
Vibrio species [Martinez et al., 2001; Martinez et al.,
2003], which are ubiquitous throughout this region and are
believed to be growth limited by DOC rather than other
nutrients [Neogi et al., 2011]. Overall this indicates that
while if there is a link between DOC and the production of
siderophores, the actual components involved directly do
not contribute significantly to either the CDOM absorbance
or fluorescence of the bulk seawater. Thus any correlation
between iron solubility and CDOM is due to other organic
components that are produced by related processes.

4.3. Distribution of Marine Humic Fluorescence in the
Upper 400 m

[29] Discrete measurements of HFlu (Ex 320/Em 420)
along the AMT are shown in Figure 4a. A key feature to
note is that HFlu increases with depth right across the tran-
sect with very low values (≤0.0023–0.0069 RU) in surface
waters between 40�S and 40�N. There was a well‐developed
minima in the southern tropical gyre (5�–30�S) which ex-
tended from the surface to ~100 m, and apparently tracked
immediately above the location of the DCM in this region
(Figure 2). A strong maximum was seen in the depth range
100–400 m from 5�S to 20�N and appeared to be related
to the oxygen minimum zone (OMZ) located here [Stramma
et al., 2009]. This would be consistent with data from the
Pacific that found a strong correlation between HFlu and
AOU [Hayase and Shinozuka, 1995; Kuma et al., 1998;
Yamashita et al., 2007].

4.4. CDOM Absorbance

[30] The distribution of CDOM absorbance (325 nm, a325)
along the AMT is shown in Figure 4b. The main feature to

note is the high values of a325 (up to 0.4 m−1) found at depth
in the vicinity of the Cape Verde Islands (15–20�N). In gen-
eral, similar to the humic fluorescence, values of a325 in the
surface waters are low in the equatorial and tropical regions
and increase pole wards. Results from other AMT's [Kitidis
et al., 2006] also indicate maximum for a300 (up to 0.6 m−1)
centered around 10�N and is most likely related to the OMZ
present there [Stramma et al., 2009] and the remineralization
of organic matter. Our data is broadly comparable with the
recently published data of Nelson et al. [2010], though we
don’t observe the strong north‐south asymmetry that they
report. This is mostly likely because in the region of 10–
20�N our data is influenced by proximity to the Cape Verde
islands and their data is a composite containing lower
CDOM regions in the oligotrophic western Atlantic.

4.5. Humic Fluorescence–Unit Conversion–
Comparison with Pacific Studies

[31] In the present work we chose to use Raman units
(RU) for reporting our fluorescence data as this removes
instrument‐dependent intensity factors, and allows the pre-
sentation of results on a unified scale [Lawaetz and Stedmon,
2009]. Previously workers in this field have most commonly
utilized quinine sulfate as a fluorescence standard and
reported intensities as quinine sulfate units (QSUex/em) at
specific excitation and emission wavelengths, and so in the
present work we also developed calibrations using two
common QSU sets so that they could be inter‐compared
(Table S1)1. We found excellent agreement with the earlier
results of Lawaetz and Stedmon [2009] for the relationship
between QSU350/450 and RU indicating the robustness of this
approach as the values were obtained on different fluorom-
eters. We also found that there was no statistically significant
difference between the conversion values when different slit
width combinations were used (Table S1). Excellent agree-
ment was also seen for intensity values measured with
different slit widths (Figure S1) as in the present case we
could also extract the intensity values for HFlu from the inde-
pendently run EEM measurements which utilized smaller
slit widths.
[32] Using the conversion factors shown in Table S1, the

maximum QSU320/420 was found to be 1.71 along our
AMT with an average of 0.80 ± 0.34 (1σ) over the entire data
set (n = 366). This compares with values ranging from 0 to
2.5 QSU320/420 for a meridional transect in the North Pacific
[Yamashita and Tanoue, 2009]. In that study the distribution
of HFlu in the upper 500 m had some similarities to the pres-
ent work as lowest values of HFlu were found in the surface
waters of the oligotrophic tropical gyre and a local maxima
was found at ~100 under this surface minima. Highest
values of HFlu, QSU320/420 > 2, were found in North Pacific
intermediate water (NPIW) and these authors suggested that
this was due to the contribution of riverine input to the
source regions for NPIW, the Sea of Okhotsk and the Gulf
of Alaska. In this study we did not encounter any water
masses formed in regions of high freshwater input; as the
rivers are minor sources along the Patagonian shelf [Gaiero
et al., 2003; Scapini et al., 2010], and the ships track was far
from the Amazon plume and there are no major riverine

1Auxiliary materials are available in the HTML. doi:10.1002/
gbc.20004.
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sources in the Tropical Eastern Atlantic [Cotrim da Cunha
et al., 2009].

4.6. CDOM Fluorescence ‐ PARAFAC Components

[33] PARAFAC analysis of the EEMs found 4 distinct
components (C1–C4) and their distribution along the AMT
is shown in Figure 5. The resulting EEMs for C1‐C4 are also
shown in Figure S2 and summarized in Table 1. Highest
fluorescence intensities were found for C1 and the lowest
for C4; All values in RU (±1σ): C1 0.073 ± 0.033, max
0.239, C2 0.027 ± 0.009, max 0.054, C3 0.034 ± 0.023,
max 0.247, C4 0.010 ± 0.005, max 0.021. The EEMs for
C1 and C3 are similar to that found for pure solutions of
Tyrosine and Tryptophan in seawater (Table 1), respectively
[Yamashita and Tanoue, 2003b] and have been identified in
previous open ocean studies [Coble, 1996; Jørgensen et al.,
2011; Murphy et al., 2010]. Similarly C2 and C4 were simi-
lar (Table 1) to marine or terrestrial humics [Coble, 1996;
Jørgensen et al., 2011; Murphy et al., 2010]. Indeed C4
was strongly correlated (R = 0.95, Table 2) to the indepen-
dent measurements of humic fluorescence suggesting that
these components were identical.
[34] A recent study used the relationship between the fluo-

rescence of Tyrosine and Tryptophan to determine apparent
concentrations of these amino acids in seawater. In the pres-
ent work we did not directly attempt to calibrate the signals
for C1 and C3 in terms of the Tyrosine and Tryptophan con-
centrations, but can estimate their concentrations by using
the relationship found earlier by Jørgensen et al. [2011].
Using this approach we estimate that the mean concentra-
tions of Tyrosine and Tryptophan over our study area was
5.9 ± 2.6 nM and 2.8 ± 1.9 nM respectively. This is signifi-
cantly lower than the mean concentrations for the upper 100
m found by Jørgensen et al. [2011] using PARAFAC anal-
ysis (Trypotphan 12.5 nM and Tyrosine 15.8 nM). The most
likely reason for this difference is that the Jørgensen et al.
work included more near shore environments and less open
ocean sites than our work. Other estimates for Tyrosine
concentrations along an AMT have been made using con-
centration series bioassays with radiolabelled free Tyrosine
[Zubkov et al., 2008] and indicate much lower concen-
trations 0.16 ± 0.11 nM in the Gyres, 0.65 ± 0.57 nM in
the Equatorial region. This strongly suggest that the fluoro-
metric approach is also measuring protein bound Tyrosine.
This is partly confirmed by comparing with measurements
of Tyrosine in bulk DOM from the North Pacific [Yamashita
and Tanoue, 2003a]. The range values found in surface
waters (of 2.1–5.9 nM) is in mid‐depth waters (2.0–5.3 nM)
very similar to our estimates for the Atlantic.
[35] A particular feature to note in our data is the maxi-

mum in C1 in the upper 100 m of the oligotrophic southern
tropical gyre (Figure 5). This maximum in C1 (equivalent to
8–12 nM Tyrosine–see above) was found in the euphotic zone
above the DCM (Figure 2) and in the region of the low humic
fluorescence (Figure 4). The southern gyre is strongly iron lim-
ited resulting in lower N2 fixation than in the northern gyre
which receives iron via deposition of Saharan dust [Moore et
al., 2009]. The reasons why Tyrosine would be present in
higher concentrations in the southern gyre are not clear as it
is a bioavailable source of DOC and DON for bacteria with free
Tyrosine utilized rapidly [Zubkov et al., 2008].

[36] The tryptophan like component, C3, had low concen-
trations in the south with higher values found in the north,
there was a weak but significant correlation with chlorophyll
fluorescence (Table 2). Determann and coworkers [1994;
1998] have shown previously that phytoplankton and bacteria
are sources for tryptophan and tyrosine. Direct measurements
of tryptophan in the open ocean are only available for the
North Pacific with values of 0.3–1.6 nM in the surface waters
and 0.5–1.6 nM in mid‐depth waters [Yamashita and Tanoue,
2003a], which are slightly lower than our estimates for the
Atlantic. A feature of our results (Figure 5) was the high var-
iability particularly in the region 15�–40�N. High variability
in the tryptophan fluorescence signal below the mixed layer
was also previously seen with unfiltered samples from the
Tropical Eastern Atlantic Ocean [Determann et al., 1996]
which they ascribed to tryptophan bound to bacteria. In the
present work we saw considerable variability with 0.2 μm fil-
tered seawater which excludes bacteria and thus an alternate
explanation is required. One possibility is that the dissolved
tryptophan ‘hotspots’ we observed are related to zooplankton
grazing where particulate tryptophan is converted into soluble
and colloidal phases. However we note also that the produc-
tion of tryptophan by grazing may be influenced by the size
of the grazer, as tryptophan is easily hydrolysed to pyruvate
and indole at low pH, passage through the low pH of pro-
tozoan grazers [Fok et al., 1982] may result in the loss
of tryptophan.
[37] For the humic‐like components C2 and C4 (Figure 5)

no specific chemical species has been identified, but that
the fluorescence represents a range of compounds [Boyle
et al., 2009; Ma et al., 2010]. As mentioned above the C4
component was strongly correlated with measurements of
HFlu (Table 2) and thus the distribution of the two para-
meters are almost identical (Figures 4 and 5). The C2 com-
ponent showed quasi symmetry at the equator (Figure 5)
with maxima at 10�S and 15�N, this humic like (Table 1)
component was otherwise relatively uniform throughout the
transect. Over the complete dataset C2 was weakly positively
correlated with depth (Table 2), however there was wide var-
iability between individual CTD profiles along the AMT and
no clear trend with water mass or biogeochemical province
was discernible. A component showing similarity to C2 was
recently reported as being produced from the photochemical
irradiation of refractory DOM in the Baltic [Karl et al.,
2012] and was also observed in the Pacific and the Atlantic
[Jørgensen et al., 2011;Murphy et al., 2008]. It was suggested
by Murphy et al. [2008] that this component is a long‐lived
product of the photodegradation of organic matter. However
recent work also suggests a component like C2 may be pro-
duced directly by marine bacteria [Shimotori et al., 2012].
[38] The CDOM absorbance at 325 nm was weakly corre-

lated with C2, C3, and C4 (Table 2), indicating that the
bulk of the CDOM absorbance was not related to the fluoro-
metric signal. Earlier studies have found strong correlations
between humic fluorescence and a320 [Yamashita and
Tanoue, 2009] in deep waters with the correlation becoming
weaker in surface waters.

4.7. Relationship Between CDOM and Nutrients

[39] DIP was not significantly correlated with either
CDOM absorbance, a325, or the protein‐like fluorescent com-
ponents C1 and C3 in this work (Table 2). Most of the studies
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which have previously found a positive correlation between
CDOM absorbance and nutrients were conducted in the Pa-
cific Ocean and significant relationships were only found in
deep and intermediate waters below the surface mixed layer.
The recent global study by Nelson et al. [2010] indicated a
significant positive correlation between CDOM and organic
matter remineralization for the Pacific, Indian and Atlantic
Ocean. However a closer look at their data shows that the
R2 for the correlation with DIP in the Pacific and Indian are
0.77 and 0.66 respectively whereas for the Atlantic a R2 of
only 0.11 is presented in line with our own work.
[40] However significant weak correlations (R = 0.35–0.49)

were found between DIP and the humic components C2, C4,
and the direct measurements of humic fluorescence. These
findings are in line with previous studies which have shown
that humic fluorescence was strongly correlated with nutri-
ents (NO3

−, PO4
3−) in different intermediate and deep water

masses [Hayase and Shinozuka, 1995; Jørgensen et al.,
2011; Yamashita and Tanoue, 2008; Yamashita et al.,
2007], these authors have used these correlations to suggest
that humic fluorescent organic matter is regenerated in the
water column by oxidation and remineralization of organic
substances in sinking particles.

4.8. Distribution of H2O2

[41] The mid‐day distribution of H2O2 along the AMT is
shown in Figure 6. H2O2 was relatively constant in the upper
50 m and decreased rapidly below the mixed layer, with low
concentrations (<5 nM) found below the euphotic zone. Our
results are consistent with previous data from this region
[Croot et al., 2004; Heller and Croot, 2010b; Steigenberger
and Croot, 2008; Yuan and Shiller, 2001]. Surface concen-
trations were elevated in the region between 25� and 40�N
and this was most likely due to a combination of clear skies
and the season (i.e. longer irradiation time between dusk and
local midday at these locations in spring/summer). The H2O2

signal in surface waters is impacted by a strong diel signal
induced by the solar cycle. Estimates for the strength of this
diel cycle in the open Atlantic range from 25 to 50 nM
[Croot et al., 2011; Yuan and Shiller, 2001]. By sampling

at local noon we do not observe the local maxima for
H2O2 which typically occurs in the afternoon or early even-
ing [Yuan and Shiller, 2001]. However by the use of a com-
mon time point for sampling it provides a valid comparison
between stations along the AMT so that the general trends in
H2O2 may be observed.

4.9. Possible Impact of Irradiation on H2O2

and CDOM Properties

[42] In order to examine the possible impact of solar irra-
diation on CDOM properties over the AMT we analyzed
our data using depth (pressure) as a proxy for the irradiance

Table 1. Humic Fluorescence Components

Component
ex/em

Fluorescence
Characteristics

ex/em
Description and
probable source

C1 280/310 275/305 Tyrosine‐like peak ‘B’
[Coble, 1996]a

280/305 ‘BT’ protein‐like
[Wedborg et al., 2007]b

280/310 Tyrosine ‘C5’
[Jørgensen et al., 2011]b

C2 250/475 <260/400−460 Terrestrial Humic
Substance
‘A’ peak [Coble, 1996]a

Humic like
[Dubnick et al., 2010]b

Humic like ‘C1’
[Jørgensen et al., 2011]b

C3 280/320 275/340 Tryptophan‐like peak ‘T’
[Coble, 1996]a

280/328 Amino acids ‘C6’
[Murphy et al., 2010]b

280/330 Tryptophan ‘C2’
[Jørgensen et al., 2011]b

C4 335/400 290–310/
370–410

Marine fulvic ‘M’ peak
[Coble, 1996]a

340/420 UV/Visible humic‐like
[Wedborg et al., 2007]b

315/418 Marine humic material
‘C2’[Murphy et al., 2010]b

aManual EEM interpretation.
bPARAFAC analysis.

Figure 5. Distribution of the four components which result from the PARAFAC modeling of the data
set; the (top left, C1) Component 1: Tyrosine‐ or protein‐like peak; (top right, C2) Component 2: Terres-
trial Humic Substance ‘A’ or humic like peak; (below left, C3) Component 3: Tryptophan‐ like peak ‘T’
or amino acids and (below right, C4) Component 4: Marine fulvic ‘M’, UV/ Visible humic‐like or Marine
humic material.
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field. H2O2 which is predominantly photochemically produced,
typically strongly correlated with irradiance [Steigenberger and
Croot, 2008], was significantly negatively correlated with pres-
sure (Table 2) as would be expected for a photo‐produced spe-
cies. Positive correlations would be expected for substances
that are photo‐bleached. Humic fluorescence and C4 were sig-
nificantly positively correlated with pressure (Table 2), while
C2 was only weakly correlated (R = 0.10). However CDOM
absorbance, a325, over the entire dataset (0–400 m) was not sig-
nificantly correlated with depth. Part of the reason for the poor
correlation overall is due in part to the inclusion of data from
below the euphotic zone, where the impacts of irradiation are
not expected. Limiting the dataset to solely the euphotic
zone, approximated at 100 m based on the both the location
of the DCM (Figure 2) and the H2O2−cline (Figure 5), impro-
ved the overall correlation only slightly (CTD only, R = 0.25,
n = 136, GO‐FLO only, R = 0.36, n = 20).
[43] Light absorption by CDOM initiates photochemical

reactions resulting in loss of CDOM absorption or

photobleaching and in the production of a variety of photo-
products such as O2

− and ultimately H2O2 [Heller and Croot,
2010a; O’Sullivan et al., 2005]. Photobleaching in surface
waters has been observed at TENATSO previously [Heller
and Croot, 2010b] as evidenced by decreases in a325 values
from depth towards the surface, and was evident again at this
site (S287, data not shown) but was not prevalent over the
entire AMT. H2O2 was significantly negatively weakly cor-
related with C4/humic fluorescence suggesting that this
component is possibly a better proxy for the primary chro-
mophore for H2O2 than CDOM absorbance.

4.10. Relationship Between Humic Fluorescence
and Iron Solubility

[44] In the present study iron solubility was found to be
only significantly correlated with DIP (R = 0.59, Table 2)
and it was poorly correlated with HFlu or any of the humic‐
like components (C2, C4) (Figure 5) identified by PARAFAC
analysis. Previous work has shown strong correlations

Table 2. Results of Spearman Rank Analysis of Correlations (ρ) between the Parameters Measured in this Studya

Lat Long Press Temp Salt AFL Hflu SolFe DIP a325 C1 C2 C3 C4 H2O2

Lat 1.00 0.95 −0.01 0.07 0.29 −0.45 0.21 0.13 0.35 0.29 −0.21 0.30 0.29 0.20 0.10
Long 1.00 0.02 0.04 0.34 −0.45 0.24 0.04 0.23 0.34 −0.23 0.35 0.26 0.21 0.07
Pressure 1.00 −0.63 −0.35 −0.20 0.68 0.28 0.84 0.08 −0.17 0.10 −0.37 0.67 −0.76
Temp 1.00 0.76 −0.21 −0.60 – – −0.26 0.22 −0.13 0.24 −0.56 0.68
Salt 1.00 −0.31 −0.42 – – −0.14 0.06 −0.06 0.21 −0.41 0.52
AFL 1.00 −0.02 – – 0.39 −0.16 0.06 0.52 −0.04 0.37
Hflu 1.00 0.06 0.71 0.49 −0.25 0.36 −0.07 0.95 −0.52
SolFe 1.00 0.59 0.05 −0.07 0.18 −0.02 0.21 –
DIP 1.00 0.07 −0.54 0.64 0.05 0.77 –
a325 1.00 −0.22 0.35 0.27 0.45 −0.06
C1 1.00 0.27 −0.30 −0.28 0.18
C2 1.00 −0.01 0.32 −0.03
C3 1.00 −0.06 0.32
C4 1.00 −0.52
H2O2 1.00

aSpearman rank Correlation analysis was performed pairwise using the corr function in Matlab™. Analysis was performed on the entire dataset.
Continuous parameters from the CTD included; Latitude (Lat, n = 958), longitude (Long, n = 958), pressure (Press, n = 958), temperature (Temp, n = 918),
salinity (Salt, n = 918), chlorophyll fluorescence (AFL, n = 378). Other data was obtained via discrete sampling from the CTD rosette or GO‐FLOs; humic
fluorescence (Hflu, n = 366), CDOM absorbance (a325, n = 355), PARAFAC derived components C1–C4 (n = 368) and H2O2 (n = 301). Dissolved inorganic
phosphorous ( DIP, n = 32) and the iron solubility (SolFe, n = 40) were determined only from GO‐FLO bottles, which were not equipped with temperature,
salinity, or chlorophyll fluorescence sensors, so no data pairs exist for these analyses (marked above as ‐). Values in bold indicate the correlation is significant
at the p < 0.001 level.

Figure 6. Section showing the mid‐day distribution of H2O2 in nM in the water column along the
meridional transect in the Atlantic Ocean.
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between HFlu and iron solubility for intermediate and deep
waters with weak or no‐correlation in the surface waters
[Kuma et al., 1998; Nakabayashi et al., 2001; Nakabayashi
et al., 2002; Tani et al., 2003]. Figure S3 shows clearly the
lack of any general relationship between HFlu and iron
solubility for this study. However examination of individual
stations reveals that at different locations significant linear
relationships do exist; in the entire water column at Station
283 (R = 0.87, n = 8) and from 80 to 400 m at Station 287
(R = 0.6, n = 5). Both of these stations lie in the region of
the high dust deposition from the Sahara and the OMZ.
[45] The HFlu (Figure 4a) maxima in the waters below the

euphotic zone in this region suggests strong remineraliza-
tion, as evidenced by high AOU and N2O [Forster et al.,
2009]. The high dust inputs to this region suggest that this
region is likely to be Fe replete for phytoplankton and bacte-
ria and that these organisms are likely nitrogen or DOC
limited respectively. Thus here it is unlikely that there is
considerable siderophore production in response to iron
stress and thus Fe solubility is dominated by the presence
of ligands produced by remineralization processes [Boyd
et al., 2010; Schlosser et al., 2012]. In the Fe deplete regions
encountered during this AMT production of siderophores in
response to Fe stress was likely a key control on Fe solubility
and this distorted any relationship with HFlu.
[46] Our data suggests then that there is no simple

global relationship between iron solubility and any of the
CDOM parameters in surface waters. Previous studies
have shown relationships between DOC and iron solubility
[Chen et al., 2004] and DOC and iron complexing ligands
[Wagener et al., 2008]. The relationships found in these
studies have been subsequently been incorporated by mode-
lers [Tagliabue and Völker, 2011] into parameterizations for
iron binding ligand concentrations in global models as DOC
already exists as a key parameter. Further work though is
clearly needed over a range of ocean environments to check
the validity of these parameterizations.
[47] Recent work has suggested that humics form strong

complexes with iron in seawater and that they could account
for the entire ligand concentration in both shallow coastal and
deep ocean waters, though no vertical profiles were reported
[Laglera and van den Berg, 2009]. The analytical method
they used [Laglera et al., 2007] is similar to the solubility
work presented here in its initial steps as they add Fe to satu-
rate all the ligands and then later measure by voltammetry a
catalytic reduction current in the presence of bromated for
the Fe‐humic complexes formed. Thus based on their find-
ings we would expect better correlations between humic fluo-
rescence and iron solubility in our work than we observed.
We note that similar work on quantifying humics by Quentel
and coworkers [Chanudet et al., 2006; Quentel et al., 1987],
using molybdate, showed it was purely a surface reaction and
not related to the bulk concentration of the molybdate‐humic
complex. Our suspicion is then that the Fe‐humic response is
also predominantly a surface process, and is not specific to
humics per se, as evidenced by enhanced ‘humic’ concentra-
tions on addition of surface active carbohydrates [Hassler
et al., 2011]. Additionally our related kinetic work [Croot
and Heller, 2012] would indicate that thermodynamically
weak ligands would also contribute to the iron humic signal
leading to an overestimation of the concentration of ligands
that can stabilize Fe in solution. A clear goal of future work

then is a comparison between these different measurements
of humics and humic iron binding in seawater and their dis-
tributions in order to better understand what is being assayed.

5. Conclusions

[48] That iron binding organic ligands are critical to deter-
mining Fe solubility in the surface ocean is not in doubt.
However from the data collected here across an AMT it is
not possible to provide a simple global parameterization
for this as iron solubility was only weakly correlated with
DIP and it was poorly correlated with any of the humic‐like
components (C2, C4) identified by PARAFAC analysis. It
appears that while significant correlations with humic‐like
components may exist in iron‐replete regions, in iron‐
deplete regions the production of specific iron binding
compounds in surface waters is not related to any of the
properties of bulk CDOM. The humic fluorescence signal
was sharply attenuated in surface waters, presumably due
to photo bleaching, but this was only poorly correlated to
the transient photo produced species, H2O2, most likely due
to the different lifetimes of these compounds in the ocean.
[49] This study makes important contributions towards

our understanding of the biogeochemical cycling of iron
and CDOM in the open ocean and especially in the poorly
studied South Atlantic Ocean. More measurements of iron
solubility over a range of temporal and spatial scales is
clearly required if we are to better understand what are
the controls on this important property of iron chemistry
in seawater and we hope that this study will spur others
to make such measurements. Further work is also needed
on the links between the different measure of humic abun-
dance and how they relate to other biogeochemical pro-
cesses in the ocean.
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