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Abstract22

Phytoplankton exert a significant control on the marine carbon cycle and can thus23

impact atmospheric CO2 concentration. Here we use a new ecosystem model to anal-24

yse the response of diatoms and coccolithophores in the Southern Ocean to Last Glacial25

Maximum (LGM) climate conditions, and changes in aeolian iron (Fe) input in the South-26

ern Ocean. We find that LGM climate conditions without changes in Fe input lead to27

a large increase in diatoms north of the winter sea ice edge in the South Atlantic (19%)28

and the South Pacific (26%), and a 31% and 9% increase within the seasonal sea-ice zone29

in the South Atlantic and Indian oceans, respectively, while diatoms decrease in the Ross30

and Weddell Seas, and in the South Pacific (62%) south of the winter sea ice edge. Coc-31

colithophores increase by 11% in the South West Atlantic near 45◦S but are outcompeted32

by diatoms within the seasonal sea-ice zone, where they decrease by 21%. Overall, this33

results in a 11% decrease in Southern Ocean net primary productivity (NPP) and a 2.4%34

decrease in export production (EP). A series of sensitivity experiments with different ae-35

olian Fe input are compared to available paleo-proxy records. The best fit is obtained36

for a simulation forced with dust fluxes from Lambert et al. (2015) and reduced Antarc-37

tic Bottom Water formation in the Weddell Sea. The 78% increase in aeolian Fe input38

in the Southern Ocean in this simulation increases the Southern Ocean EP by 4.4%, while39

NPP remains 8.7% weaker compared to preindustrial.40

1 Introduction41

Marine ecosystems are responsible for more than 40% of the total primary produc-42

tivity on Earth (Baumert & Petzoldt, 2008; Simon et al., 2009), and play a key role in43

the global carbon cycle on centennial to millennial timescales (Ducklow et al., 2001; Sarmiento44

et al., 2004; Sarmiento & Gruber, 2006; Mariotti et al., 2012; Herndl & Reinthaler, 2013)45

by exporting carbon from the surface into the deep ocean via the biological pump. The46

net efficiency of the biological carbon export depends partly on the relative competitive47

fitness of a variety of phytoplankton functional types (Kvale et al., 2015b, 2019). Ma-48

jor groups of these plankton include diazotrophs, coccolithophores, and diatoms. These49

groups differ in size, shape, and cell wall composition, which affect their sinking veloc-50

ities (Klaas & Archer, 2002; Miklasz & Denny, 2010; Collins et al., 2014) and thus the51

amount of carbon exported into the deep ocean (DeVries et al., 2012). Calcifiers (e.g.52

coccolithophores) and silicifiers (e.g. diatoms) are two functional types thought to ex-53

ert a dominant influence on global carbon cycling (Matsumoto et al., 2002) due to both54

their relatively efficient carbon export properties as well as their dominance in the South-55

ern Ocean. Both diatoms and coccolithophores photosynthesize, which leads to oceanic56

CO2 uptake. However, coccolithophores also produce calcite platelets, which leads to a57

decrease in surface alkalinity, that induces a net CO2 outgassing (a mechanism also called58

the calcium carbonate counter-pump). Diatoms tend to dominate export production (EP)59

in the High Nutrient Low Chlorophyll (HNLC) regions. As EP is limited by the avail-60

ability of Fe in HNLC regions, it has been hypothesized that iron fertilization of HNLC61

regions might be an efficient mechanism for enhancing ocean sequestration of carbon both62

in the modern climate as well as in the past (Martin, 1990).63

It is therefore important to better constrain the response of ecosystems to climatic64

changes, and in particular the response of diatoms and coccolithophores in the South-65

ern Ocean. One example of significantly different climate conditions is the Last Glacial66

Maximum (LGM, ∼21,000 years ago), during which the concentration of atmospheric67

CO2 was 190 ppm (Marcott et al., 2014), and sea-level was ∼130m lower (Lambeck et68

al., 2014) than today, with ice-sheets covering North America, Scandinavia and Siberia69

(Charbit et al., 2007). Despite significant progress in recent years, there are still signif-70

icant uncertainties associated with the quantitative contribution of the different processes71

that led to the ∼90 ppm atmospheric CO2 decrease during the last glaciation (e.g. Kohfeld72
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and Ridgwell (2009), Menviel et al. (2012),Kobayashi et al. (2015), Jeltsch-Thömmes et73

al. (2019), Khatiwala et al. (2019)). Surface ocean temperatures were up to 10◦C lower74

in the mid North Atlantic, and 2-6◦C lower in the Southern Ocean at the LGM compared75

to pre-industrial (PI) times (Waelbroeck et al., 2009). These globally colder conditions,76

and associated changes in sea-ice extent, might have led to significant changes in phy-77

toplankton distributions. For example, diatom abundance records north of the Antarc-78

tic Polar front during the LGM are associated with a major northward winter sea-ice ex-79

tension in the Southern Ocean (Gersonde et al., 2005; Benz et al., 2016). Furthermore,80

as there is some evidence that smaller cell-sized plankton might have a competitive ad-81

vantage over larger cell-sized ones in warmer conditions (i.e., coccolithophores over di-82

atoms) (Marinov et al., 2010), lower temperatures during the LGM might have been ad-83

vantageous for diatoms.84

In addition, as the LGM was globally drier and windier, the aeolian input of dust,85

and therefore Fe and silica input into the ocean, was most likely higher (Harrison et al.,86

2001; Kohfeld & Harrison, 2001; McGee et al., 2010; Lambert et al., 2015; Kienast et al.,87

2016; Shoenfelt et al., 2018; Ohgaito et al., 2018). As Fe is a limiting nutrient today, a88

greater Fe flux might have enhanced marine productivity (Martin, 1990). This is hypoth-89

esized to have been especially effective in the Southern Ocean, resulting in a higher ex-90

port of organic carbon into deep ocean layers, thus contributing to a decrease in atmo-91

spheric CO2 concentrations (Mart́ınez-Garćıa et al., 2014; Lambert et al., 2021). For ex-92

ample, reconstructed glacial Fe fluxes and productivity proxies from Southern Ocean cores93

show a strong correlation between increased lithogenic flux in the subantarctic zone and94

low atmospheric CO2 concentrations (Mart́ınez-Garćıa et al., 2014; Graham et al., 2015).95

The complexity of ecosystems and dependence between different plankton groups,96

especially during glacial times, is not well understood and warrants more research. Ear-97

lier studies on glacial iron fertilisation (Bopp et al., 2003; Oka et al., 2011; Lambert et98

al., 2015; Muglia et al., 2017; Yamamoto et al., 2019) have used different biogeochem-99

ical models for investigating the role of marine plankton on glacial primary productiv-100

ity and EP. However, none of these LGM iron fertilisation studies were performed with101

a model including explicit prognostic equations for both coccolithophores and diatoms.102

In this study, we use a newly developed, state-of-the-art ecosystem model (Kvale et al.,103

2020), which includes four distinct classes of phytoplankton such as, explicit calcifiers104

and explicit silicifiers in addition to general phytoplankton, diazotrophs, and zooplank-105

ton. Along with the nutrients, calcium carbonate, silica and iron cycling are incorporated106

in this model. We therefore have a more resolved ecosystem network to simulate global107

plankton community dynamics. We analyse the simulated differences in phytoplankton108

distributions, NPP and EP under LGM climate boundary conditions compared to PI bound-109

ary conditions in the Southern Ocean. We also explore the impact of varying aeolian Fe110

and silica input into the Southern Ocean by performing a set of sensitivity experiments.111

2 Methods112

2.1 Model Description113

The model used in this study is the University of Victoria Earth System Climate114

Model (UVic ESCM) version 2.9. It consists of the ocean general circulation model MOM2115

(Pacanowski, 1995), coupled to a dynamic-thermodynamic sea-ice model based on Semtner116

(1976), Hibler (1979) and Hunke and Dukowicz (1997), with a spatial resolution of 1.8◦117

by 3.6◦ and 19 ocean depth levels. It also includes a vertically integrated two-dimensional118

atmospheric energy moisture balance model (Fanning & Weaver, 1996), a land surface119

scheme (Meissner et al., 2003), a dynamic vegetation model (Meissner et al., 2003) and120

a sediment model (Archer & Maier-Reimer, 1994; Meissner et al., 2012). The model is121

driven by seasonal variations in solar insolation at the top of the atmosphere and seasonally-122

varying wind stress and wind fields (Kalnay et al., 1996). A full description of the model123
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physics and structure can be found in Weaver et al. (2001), Meissner et al. (2003), Eby124

et al. (2009), Mengis et al. (2020).125

The ocean carbon cycle is based on the new Kiel Marine Biogeochemical Model ver-126

sion 3 (KMBM3, Kvale et al. (2020)). It is a Nutrient Phytoplankton Detritus Zooplank-127

ton (NPDZ) model (Schmittner et al., 2005) which now includes prognostic silica, prog-128

nostic CaCO3 (calcium carbonate), as well as silicifying plankton (diatoms) and calci-129

fying plankton (coccolithophores) (Kvale et al., 2015a, 2015b). The model also incor-130

porates a prognostic iron cycle (Nickelsen et al., 2015), which features hydrothermal sources131

(Yao et al., 2019). The model therefore now comprises general phytoplankton, nitrogen132

fixers (diazotrophs), calcifiers, silicifiers, zooplankton with a new zooplankton grazing133

parameterisation, freely sinking and CaCO3 ballasted detritus (representing particulate134

organic carbon, or POC), CaCO3 (representing particulate inorganic carbon, or PIC),135

and dissolved nitrate, oxygen, phosphate, iron, alkalinity, dissolved inorganic carbon (DIC)136

and silica. Different phytoplankton functional types have unique half saturation constants137

for nutrient uptake and thus compete with each other for nutrients and light. In addi-138

tion, ocean temperature affects the total growth rate of plankton. All biogeochemical139

parameter values and model-related equations can be found in Kvale et al. (2020). Of140

particular interest to this study are the different growth rates for diatoms and coccol-141

ithophores (0.76 day−1 and 0.6 day−1), respectively) and half saturation constants for142

Fe uptake (0.12 nmol m−3 and 0.1 nmol m−3, respectively). These parameters advan-143

tage diatoms in high nutrient environments, and in environments with short growing sea-144

sons. The zooplankton grazing preferences are identical for both coccolithophores and145

diatoms in this model, and therefore grazing selectivity does not exert a different effect146

on either phytoplankton functional type.147

2.2 Experimental design148

The simulations are integrated under two background climatic conditions: LGM149

and PI. The PI simulations are forced with an atmospheric CO2 concentration of 283.86150

ppm (Marcott et al., 2014) and orbital parameters corresponding to the year 1800 (Berger,151

1978). The LGM simulations are forced with orbital parameters corresponding to year152

21ka BP (Berger, 1978), and a global ice-sheet extent, topography and albedo correspond-153

ing to 21ka BP (Peltier, 1994) as well as an atmospheric CO2 concentration of 189.65154

ppm (Marcott et al., 2014). A subgrid bathymetry parameterisation is used to represent155

finer-scale processes relevant to iron cycling at the bottom of the ocean where the sed-156

iment to water column transfer occurs. This is done in order to account for the actual157

bathymetry of the ocean floor which is not well resolved in a coarse resolution ocean model158

(Nickelsen et al., 2015). It is adjusted to the LGM sea-level (Somes et al., 2017) and ap-159

plied to the biogeochemical module of the ocean model without affecting the model grid160

for ocean physics. The PI and the control LGM simulations (called PI and LGM-clim161

hereafter) are forced with aeolian dust inputs based on the BASE-PI simulation of Mahowald162

et al. (2006) (Fe-PI and Si-PI). To obtain aeolian Fe input, we multiply the dust fluxes163

with a two-dimensional field of Fe and silica dust content based on Zhang et al. (2015)164

(Figure S1). We further apply a 1% solubility factor (Mahowald et al., 2009; Schroth et165

al., 2009) to the resulting Fe flux. Both PI and LGM-clim simulations are integrated for166

10,000 years to reach an equilibrium state.167

From this LGM-clim equilibrium simulation, we integrate a suite of LGM sensi-168

tivity experiments to assess the impact of changes in aeolian Fe and silica input on ecosys-169

tems (Table 1), using four different iron masks (Fe-PI, Fe-BASE-LGM, Fe-lamb-LGM,170

Fe-glac-LGM) and two different silica masks (Si-PI and Si-BASE-LGM) (Figure 1). The171

method to convert dust fluxes into Fe and Si fluxes is described above and is the same172

for all masks. The first sensitivity simulation, LGM-BASE-ref, is integrated with LGM173

iron and silicate dust fluxes (Fe-BASE-LGM, Si-BASE-LGM) based on the BASE-LGM174

simulation of Mahowald et al. (2006). The other sensitivity study (LGM-glac, described175

–4–



A
cc

ep
te

d
 A

rt
ic

le

This article is protected by copyright. All rights reserved.  

 

 

 

 

 

 

 

manuscript submitted to Paleoceanography and Paleoclimatology

Figure 1. Anomalies of iron and silica dust fluxes between LGM and PI. (a) Fe-BASE-

LGM minus Fe-PI (Mahowald et al., 2006; Zhang et al., 2015), (b) Fe-lamb-LGM minus Fe-PI

(Mahowald et al., 2006; Lambert et al., 2015; Zhang et al., 2015), (c) Fe-glac-LGM minus Fe-PI

(Mahowald et al., 2006; Ohgaito et al., 2018; Zhang et al., 2015), (d) Si-BASE-LGM minus Si-PI

(Mahowald et al., 2006; Zhang et al., 2015). Iron fluxes are shown in µmol m−2yr−1, silica fluxes

in mmol m−2 yr−1; triangles show proxies of lithogenic dust flux anomalies between LGM and

Holocene; dark (light) orange represents significantly higher (slightly higher) and dark (light)

blue represents significantly lower (slightly lower) dust during LGM compared to Holocene.
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Table 1. List of experiments and associated climatic boundary conditions and aeolian Fe and

Si inputs.

Experiments Climate Aeolian iron input Global Fe dust
flux into the ocean
(Gmoles/yr)

Fe dust flux
into the South-
ern Ocean
(30◦S:90◦S)

Silica mask

PI PI Fe-PI 3.47 0.2279 Si-PI
LGM-clim LGM Fe-PI 3.47 0.2279 Si-PI
LGM-BASE-HFe LGM Fe-BASE-LGM 7.037 0.2213 Si-PI
LGM-BASE-HSi LGM Fe-PI 3.47 0.2279 Si-BASE-LGM
LGM-BASE-ref LGM Fe-BASE-LGM 7.037 0.2213 Si-BASE-LGM
LGM-lamb LGM Fe-lamb-LGM 9.072 1.031 Si-BASE-LGM
LGM-glac LGM Fe-glac-LGM 6.532 1.513 Si-BASE-LGM
LGM-W LGM (with

reduced
AABW for-
mation)

Fe-lamb-LGM 9.072 1.031 Si-BASE-LGM

below) uses the glaciogenic mask from Ohgaito et al. (2018), based on the Tune 1 dust176

flux from Mahowald et al. (2006) but with a lower dust loading.177

In order to disentangle the ecosystem response to changes in Fe and silicate fluxes,178

we also run an experiment forced with LGM climate boundary conditions, LGM iron fluxes179

and PI silica fluxes (LGM-BASE-HFe), and another LGM experiment forced with LGM180

silicate fluxes and PI iron fluxes (LGM-BASE-HSi). The globally integrated silica dust181

flux for PI (Si-PI) is 21 Tmoles (1012moles) per year and 36.5 Tmoles per year for LGM182

(Si-BASE-LGM), with a plume of higher silica input in the South Atlantic originating183

from Patagonia at the LGM compared to PI (Fig. 1d). However, the overall prescribed184

silica flux is reduced by 55% during the LGM in the Southern Ocean south of 30◦S.185

The globally integrated values for different iron masks (Table 1) are within the range186

listed in previous studies (Hopcroft et al., 2015; Lambert et al., 2015; Pasquier & Holzer,187

2018). Fe-PI iron flux to the surface ocean is 3.47 Gmoles (109moles) Fe/yr while Fe-188

BASE-LGM amounts to 7.037 Gmoles Fe/yr and therefore corresponds to a 50% iron189

flux increase during LGM compared to PI. However, there is a small decrease in Fe in-190

put into the Southern Ocean in Fe-BASE-LGM compared to Fe-PI (0.2213 compared191

to 0.2279 Gmol/yr).192

To include scenarios with an enhanced LGM aeolian Fe flux into the Southern Ocean,193

we thus perform two additional LGM experiments. These experiments are forced with194

LGM dust fluxes from Lambert et al. (2015) (called Fe-lamb-LGM hereafter), and with195

glaciogenic dust fluxes based on a simulation by Ohgaito et al. (2018) (called Fe-glac-196

LGM hereafter) (Table 1). The globally integrated iron fluxes into the ocean amount to197

9.072 Gmoles/yr and 6.532 GMoles/yr for LGM-lamb and LGM-glac, respectively. They198

therefore represent a global 2 to 3 fold increase in aeolian iron input at the LGM com-199

pared to PI. Table 1 shows that the LGM iron flux is also increased regionally by a fac-200

tor of 2 to 3 over the Southern Ocean.201

We perform an additional sensitivity experiment (LGM-W), which tests the effect202

of a change in Southern Ocean circulation on ecosystem distribution. In this experiment,203

the Antarctic Bottom Water (AABW) formation in the Weddell Sea is weakened by adding204

0.1 Sv of freshwater between 54◦W:30◦W and 64◦S:74◦S. This experiment is forced with205

the Fe-lamb-LGM iron mask (since this is the most consistent with the proxy records,206

as discussed below) and the Si-BASE-LGM silica mask.207

2.3 Model Data comparison208

We compare the LGM-PI iron dust flux anomalies used in this study, which are based209

on earlier studies by Mahowald et al. (2006); Lambert et al. (2015); Ohgaito et al. (2018),210

with proxy records of LGM-Holocene lithogenic flux anomalies. To build the database211
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of lithogenic flux anomalies, we compiled estimates of total lithogenic flux to the seafloor212

based on 230Th normalisation and 232Th concentrations (Kienast et al., 2016) from 90213

Southern Ocean cores (Francois et al., 1993; Frank et al., 1995, 2000; Kumar et al., 1995;214

Labeyrie et al., 1996; Dezileau et al., 2000; Chase et al., 2003; Anderson et al., 2009, 2014;215

Bradtmiller et al., 2009; Mart́ınez-Garcia et al., 2009; Negre et al., 2010; Lippold et al.,216

2012; Jaccard et al., 2013; Lamy et al., 2014; Studer et al., 2015; Durand et al., 2017).217

Age models and derived fluxes were taken as published. LGM values for each core rep-218

resent an average of observations between 28-18 ka BP, and Holocene values represent219

an average of observations between 10-0 ka BP.220

The qualitative comparison between our new database of observed lithogenic flux221

anomalies and the aeolian flux anomalies used to force our model is shown in Figure 1.222

The best agreement is achieved by the dust flux of Lambert et al. (2015) (Figure 1b),223

which suggests a higher dust input into the South Pacific during the LGM, whereas the224

other dust reconstructions show a lower dust input in that region compared to PI (Mahowald225

et al., 2006; Ohgaito et al., 2018).226

We compare anomalies in simulated diatom abundance in the surface water col-227

umn with anomalies in opal flux proxies, and simulated EP anomalies at 177.5m depth228

with EP anomalies compiled in Kohfeld et al. (2013). Changes in EP are based on a com-229

bination of proxies (Kohfeld et al., 2013). The proxy of opal flux considers changes in230

opal rain recorded in sediment cores using a constant flux proxy to account for sediment231

redistribution. Both opal and export proxies represent changes that are archived in ma-232

rine sediments and represent qualitative differences between LGM and Holocene. We also233

compare our simulated opal flux at the ocean-sediment interface with the opal proxy com-234

pilation (Figure S2). We find that the spatial distribution of diatom abundance and opal235

fluxes at the bottom of the ocean are highly correlated in the model. The model data236

comparison is qualitative: we provide a simple metric of fit based on the sign of simu-237

lated anomaly versus proxy anomaly by counting matches and mismatches at each proxy238

location.239

3 Results240

3.1 Simulated LGM Southern Ocean surface conditions241

In this section, we compare the LGM-clim simulation to the PI control simulation242

(PI) with both simulations being forced with the same PI iron and silicate fluxes. The243

simulated LGM sea surface temperature (SST) anomalies, shown in Figure 2a, are broadly244

consistent with reconstructed LGM SST data (Waelbroeck et al., 2009; Annan & Har-245

greaves, 2013).246

There is a significant advance of sea-ice in the Southern Ocean, with the simulated247

LGM austral winter sea-ice edge located at 51◦S in the Atlantic and Indian sectors and248

at 57◦S in the Pacific sector. The austral summer sea-ice edge reaches 56◦S in the At-249

lantic and Indian sectors and 60-63◦S in the Pacific sector (Figure 2a). These results are250

consistent with the recent PMIP3 multi-model mean estimates of austral winter and sum-251

mer sea-ice extents of 51.5◦S and 60.5◦S, respectively (Green et al., 2020). The mean252

Southern Ocean (45◦S - 75◦S) austral summer and austral winter SSTs are respectively253

2◦C and 1◦C lower in the LGM simulation compared to the PI simulation, consistent with254

summer SST estimates from Gersonde et al. (2005). A strong SST decrease is simulated255

north of ∼55◦S with less cooling south of it, in agreement with Kohfeld et al. (2013), and256

the smallest anomalies are within the permanent sea-ice region (south of the PI summer257

sea-ice edge). Under LGM conditions, deep-water formation is enhanced in both the Wed-258

dell and Ross Seas (Figure 2b), with implications for surface nutrient concentrations as259

detailed below.260
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Figure 2. LGM-clim to PI anomalies of annual mean (a) sea surface temperatures (◦C) with

contours of mean 15% ocean ice concentration during LGM austral winter (JJA, solid black),

austral summer (DJF, solid green), PI austral winter (dashed black) and austral summer (dashed

green); (b) ocean ventilation depth (meters). Please note the intervals are non linear in both (a)

and (b); 0 - 240m depth averaged (c) NO3− (mmol m−3), (d) PO3−
4 (mmol m−3), (e) dFe (µmol

m−3) and (f) silica concentrations (mmol m−3).
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Figure 3. PI distribution of (a) depth integrated diatoms (in gC m−2), (b) depth integrated

coccolithophores (in gC m−2), (c) export production at 177.5m (in kgC m−2yr−1) and (d) depth

integrated net primary productivity (in kgC m−2yr−1)

3.2 Impact of LGM climate on Southern Ocean ecosystems261

In this section, we examine how glacial-interglacial changes in physical conditions,262

such as temperature, salinity and ocean circulation, impact Southern Ocean ecosystems.263

We therefore compare the LGM-clim simulation with the PI simulation. While diazotrophs264

and general phytoplankton are abundant in the subtropics, they are not present in the265

Southern Ocean. We therefore concentrate our analysis on the two major plankton func-266

tional types in polar regions, diatoms and coccolithophores (Figure 3a and b).267

Due to stronger deep-ocean ventilation in the Weddell and Ross Sea regions in the268

LGM-clim simulation, surface nutrient concentrations are higher everywhere in the South-269

ern Ocean, except in the Pacific sector, where stratification increases (Figure 2c-f). This270

leads to higher diatom abundance over most of the Southern Ocean south of 40◦S (Fig-271

ure 4a). Regional changes in diatom abundance closely mirror regional nutrient changes272

(Figure 2c,d and Figure 4a). However, there are also regions with a significant decline273

in diatoms that are not directly linked to nutrient changes. For example, it has been sug-274

gested that the extension of ice-shelves around Antarctica and the equatorward expan-275

sion of sea-ice during the LGM led to a decrease in diatom abundance around the Antarc-276

tic coastline, and an increase north of the sea ice edge (Crosta et al., 1998; Gersonde et277

al., 2005; Nair et al., 2015). The simulated decrease in LGM diatom abundances in the278
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Ross and Weddell Seas due to light limitation under sea-ice, despite increased nutrient279

concentrations, is consistent with this paleo-data evidence, as is the simulated 19% and280

26% increase in diatom abundances north of the winter sea-ice edge in the South Atlantic281

(40◦S-50◦S) and the South Pacific, respectively. However, high macro and micro nutri-282

ent concentrations aid diatom growth in the seasonal sea-ice region and increase the di-283

atom abundance by 9% in the Indian Ocean and by 31% in the South Atlantic sector284

(55◦W:0◦E; 50◦S:60◦S).285

While changes in diatom abundance are mainly driven by changes in the availabil-286

ity of nutrients (and therefore circulation changes) and the presence or absence of sea-287

ice, changes in coccolithophores are driven by the dynamic competition with diatoms.288

For example, the increase in diatom abundance north of the summer sea-ice extent (52◦S-289

65◦S) in the LGM-clim simulation is associated with a decrease in coccolithophores (by290

-21%) (Figure 4b). Diatoms are prescribed a faster growth rate, which is an advantage291

in nutrient-rich environments and/or regions with short growing seasons such as the South-292

ern Ocean. Fast utilisation of nutrients by diatoms causes a decline in the coccolithophore293

population that might not otherwise have occurred. However, in the Pacific sector, where294

ventilation depth and nutrient availability decrease in the LGM-clim simulation, diatom295

abundance also decreases, while coccolithophores show a slight increase. Only in regions296

such as in the southwestern Atlantic at 40◦S-54◦S, where diatoms are not as competi-297

tive, coccolithophores can take full advantage of higher Fe availability and increase by298

∼11% in the LGM-clim simulation (Figure 3a, b and Figure 4b). Overall, diatoms out-299

compete coccolithophores in most of the Southern Ocean under LGM conditions.300

While diatoms increase by 31% in the South Atlantic south of the winter sea-ice301

edge (55◦W:0◦E; 50◦S:60◦S) and by 9% within the sea-ice zone in the Indian Ocean, coc-302

colithophores decline by 21%, thus leading to a 2% decrease in NPP within the seasonal303

sea-ice zone. However, as diatoms in colder environments are more efficient at export-304

ing carbon than coccolithophores in warmer environments, EP increases by 7.6% in this305

region. Overall, NPP decreases by 11% in the Southern Ocean (30◦S:90◦S) with a 7.4%306

decrease north of the LGM winter sea-ice edge, and a 15% decrease south of it (Table307

2). The integrated EP at 177.5m increases by 4.7% north of the LGM winter sea-ice edge,308

while it decreases by 7% south of it (30◦S- 50◦S) (Table 2). The overall EP decreases309

by 2.4% in the Southern Ocean (30◦S:90◦S).310

We compare the simulated LGM-PI surface diatom abundance anomalies and EP311

at 177.5m anomalies against the proxy-based LGM-Holocene opal flux and EP index anoma-312

lies of Kohfeld et al. (2013) (Figure 4a and c). In agreement with proxy data, diatom313

abundance and EP are higher north of the winter sea-ice edge in the South Atlantic. In314

the other sectors of the Southern Ocean the agreement between model and data is low315

north of the winter sea-ice edge, 42% and 51% for diatom and EP, respectively, based316

on counting fit or misfit at proxy locations. This is due to both a lack of a consistent sig-317

nal in the proxy records (e.g. in the Pacific sector) and a complex pattern of simulated318

anomalies (e.g. eastern part of the Indian sector). In broad agreement with proxy data,319

diatom abundance is lower south of the winter sea-ice edge in the Pacific and eastern In-320

dian sectors of the Southern Ocean. This translates into lower EP in these regions. How-321

ever, contrary to the data compilation, higher diatom abundance and EP are simulated322

in the seasonally ice-free Atlantic and western Indian sectors of the Southern Ocean, as323

well as north of the Ross Sea.324

As mentioned in Section 3.2, the increase in diatom abundances in the Atlantic sec-325

tor of the Southern Ocean is due to increased nutrients resulting from enhanced bottom326

water formation in the Weddell Sea. While this higher diatom abundance within the sea-327

sonal sea-ice zone of the South Atlantic is at odds with the proxy compilation of Kohfeld328

et al. (2013), Abelmann et al. (2006) show that the seasonal sea-ice zone in the south329

Atlantic could have hosted blooms of fast growing diatoms due to higher iron concen-330

trations. This could have been sustained by a deeper winter mixed layer at the LGM,331
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Figure 4. LGM-clim to PI anomalies of annual mean (a) depth integrated diatom abundance

(in g C m−2) with LGM-Holocene opal flux proxies, (b) depth integrated coccolithophore abun-

dance (in g C m−2), (c) export production at 177.5m (in g C m−2yr−1) with LGM-Holocene

export production index based on proxies, and (d) depth integrated NPP (in g C m−2yr−1).

Please note that the intervals are non linear in subpanel (c). Qualitative changes in opal flux (a)

and export production (c) as estimated from proxy records (Kohfeld et al., 2013) are shown with

significantly higher values represented by dark orange triangles, slightly higher values by light

orange triangles, significantly lower values by dark blue triangles and slightly lower values by

light blue triangles.
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Figure 5. Annual mean anomalies for LGM-lamb (top row) and LGM-glac (bottom row) mi-

nus PI; (a,d) depth integrated coccolithophores (in gC m−2), (b, e) depth integrated diatoms (in

gC m−2) and (c, f) export production at 177.5m (in gC m−2yr−1). Please note that the intervals

are non linear in subpanels (c,f)

which would have led to surface nutrient refuelling (Abelmann et al., 2015), as simulated332

here.333

3.3 Impact of glacial aeolian iron and silica fluxes on the Southern Ocean334

ecosystems335

In this section, we analyse the impact of the combined effect of climate change and336

LGM aeolian dust supply on the simulated ecosystems during the LGM. We force the337

model with an LGM iron dust deposition flux based on Mahowald et al. (2006) (Figure 1a,338

Fe-BASE-LGM, experiment LGM-BASE-ref) that is characterised by a 83% increase in339

dust compared to PI in a small area at ∼60◦S extending from South America to 20◦W340

in the South Atlantic. Interestingly, the aeolian dust input decreases by 96% southeast341

of Australia, and by 57% at ∼40◦S in the South Atlantic compared to PI. While exper-342

iment LGM-BASE-ref is integrated with full glacial dust fluxes (Fe-BASE-LGM and Si-343

BASE-LGM), the individual effects of iron and silica supply are studied in experiments344

LGM-BASE-HFe and LGM-BASE-HSi, respectively. We find that, despite a 50% global345

increase in iron dust in LGM-BASE-HFe (Table 1), and a 42% increase in silica dust in346

LGM-BASE-HSi, iron and silica deposition decreases over most of the Southern Ocean,347

except for the southwest Atlantic (Figure 1a and d). We do not see any significant changes348

in global NPP (Table 2) and ecosystem distribution between LGM-BASE-HFe (Figure349

S3) and LGM-BASE-HSi (not shown) compared to LGM-clim. LGM-BASE-ref results350

are also similar to the results of LGM-BASE-HFe (Table 2), showing that there are no351

non-linear effects. We therefore do not discuss LGM-BASE-HFe, LGM-BASE-HSi and352

LGM-BASE-ref further. We limit this study to iron sensitivity tests only and leave the353

silica sensitivities for future study.354

Since the Southern Ocean is an iron-limited area (Assmy et al., 2013), we focus on355

two additional iron sensitivity experiments (LGM-lamb and LGM-glac, Table 1, Figure 1b356
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and c) based on Lambert et al. (2015) and Ohgaito et al. (2018) with a 78% and 84%357

increase in aeolian iron-deposition in the Southern Ocean respectively. First, we com-358

pare LGM-lamb with PI (Figure 5, upper panels). Overall, the regional patterns of changes359

in diatoms are very similar to the LGM-clim simulation, and are therefore still circula-360

tion driven, but the magnitude of change has increased. An iron enrichment of South-361

ern Ocean waters leads to an additional increase in coccolithophores north of the win-362

ter sea-ice edge and an additional increase in diatoms south of the winter sea-ice edge363

over the Atlantic sector (compare Figure 5a, b with Figure 4b, a). Coccolithophores thus364

increase by 43% in the southwest Atlantic (65◦W:20◦W and 40◦S:50◦S), leading to a 23%365

NPP increase in that region compared to PI. Diatoms increase by 52% and 13% within366

the seasonal sea-ice zone (50◦S:60◦S) of the South Atlantic and the Indian Ocean, re-367

spectively, further increasing EP by 60% in this sector (Figure 5c) compared to PI. Di-368

atoms use the high iron supply more efficiently because of the prescribed higher growth369

rate parameter and higher half saturation constant for iron uptake in the model (Sec-370

tion 2.1). North of 50◦S, the increase in coccolithophore biomass seen in LGM-clim is371

enhanced by the larger iron dust flux. Interestingly, NPP further decreases north of 50◦S,372

while it slightly increases south of 50◦S compared to LGM-clim (Table 2).373

We next test the impact of a higher iron input by including glaciogenic dust sources374

(Figure 1c) in our LGM-glac experiment. Surprisingly, only small differences are sim-375

ulated between LGM-glac and LGM-lamb (Figure 5): between 50◦S and 60◦S EP in the376

South Atlantic shows an additional increase of 7% in LGM-glac (compared to LGM-lamb)377

while NPP increases by 3% near Argentina. It is interesting to note that although the378

addition of aeolian iron to the ocean leads to an increase in phytoplankton biomass, the379

spatial pattern of change in plankton distributions are similar in all of these experiments.380

For example, the Fe-lamb-LGM iron flux shows higher dust input into the South Pacific381

compared to the other iron fluxes (Figure 1a-c). This higher aeolian input leads to higher382

coccolithophore abundance (also slightly higher diatoms), and thus higher NPP (not shown)383

and EP (Figure 5), between 45◦S and 50◦S in the South Pacific in the LGM-lamb ex-384

periment, while keeping the ecosystem distribution pattern similar in all three experi-385

ments. As a result, the averaged EP increases by ∼1.8% (Table 2) north and south of386

the winter sea-ice edge (50◦S) in both LGM-lamb and LGM-glac compared to PI. Over-387

all, NPP decreases by 13-14% north of 50◦S and by 6% south of 50◦S in both LGM-lamb388

and LGM-glac compared to PI (Table 2).389

By mostly modulating the magnitude of the anomalies and not significantly chang-390

ing the spatial patterns, LGM-lamb and LGM-glac do not substantially improve the model-391

data comparison. The increase in diatom abundance and EP in the South Atlantic sim-392

ulated in all our LGM simulations are not supported by paleo-proxy records. Since this393

increase seems to be driven by enhanced bottom water formation in the Weddell Sea,394

we perform an additional experiment in which we reduce bottom water formation in the395

Weddell Sea (LGM-W), and thus analyse the impact of a more stratified glacial South-396

ern Ocean on marine ecosystems.397

3.4 Impact of weaker Weddell Sea ventilation on ecosystems398

Earlier research has suggested a more stratified Southern Ocean during the LGM399

compared to PI, which would have enhanced the sequestration of glacial carbon into the400

deep ocean (Francois et al., 1997; Sigman & Boyle, 2001; Skinner et al., 2010; Menviel401

et al., 2017; Huang et al., 2020; Sigman et al., 2020). Changes in stratification in the South-402

ern Ocean are therefore studied in our last sensitivity experiment (LGM-W), where we403

suppress bottom water formation in the Weddell Sea by adding a sustained freshwater404

flux of 0.1 Sv into this region. We force this experiment with the same iron and silica405

forcing as LGM-lamb. The resulting changes in SST and ventilation depth are shown406

in Figure 6a and b. Simulation LGM-W is characterised by a reduction in ventilation407

in the Weddell Sea, as well as reduced ventilation and SSTs in the Indian Ocean and Pa-408
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Figure 6. LGM-W to LGM-lamb anomalies of annual mean (a) sea surface temperatures

(◦C), (b) ocean ventilation depth (meters), (c) depth integrated coccolithophores (in gC m−2)

and (d) depth integrated diatoms (in gC m−2). Please note that the intervals are non linear in

subpanel (b).
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Figure 7. LGM-W to PI anomalies in annual mean (a) depth-integrated diatoms (in g C

m−2) with LGM-Holocene opal flux proxies, (b) depth-integrated coccolithophores (in g C m−2),

(c) export production at 177.5m (in g C m−2yr−1) with LGM-Holocene export production index

based on proxies, and (d) depth-integrated NPP (in g C m−2yr−1). Please note that the intervals

are non linear in (c); proxies are from Kohfeld et al. (2013) and represent significantly higher

(dark orange triangles), slightly higher (light orange triangles), significantly lower (dark blue

triangles) and slightly lower (light blue triangles) changes.

cific sectors at ∼55◦S, while there is an increase south of the African continent. In this409

simulation, increased stratification in the Weddell Sea leads to reductions in diatom abun-410

dance in this region and downstream of this region. The large decrease in SST in the South411

Atlantic and South Indian sectors leads to a sharp decrease in coccolitophore abundance.412

As the growing season is shorter due to lower SSTs and sea-ice expansion (not shown),413

diatoms outcompete coccolithophores due to their higher growth rate (Figure 6c and d).414

Reducing ventilation in the Weddell Sea leads to an increase in both diatom abun-415

dance and EP in the eastern Indian Ocean and between 52◦S-65◦S in the South Atlantic416

Ocean. Overall, Southern Ocean EP increases by 4.4% in this experiment with a large417

∼8% increase north of the LGM winter sea-ice edge compared to PI (Table 2). Figure 7418

shows that the model data consistency is higher in this experiment (LGM-W), especially419

in the Indian Ocean sector. This improves our model data comparison to 61% in the South-420

ern Ocean.421

–15–



A
cc

ep
te

d
 A

rt
ic

le

This article is protected by copyright. All rights reserved.  

 

 

 

 

 

 

 

manuscript submitted to Paleoceanography and Paleoclimatology

Table 2. Integrated biogeochemical properties. The values in bracket are percentage anomalies

from PI.

Experiments Global NPP
(Pg C yr−1)

SO NPP
(30◦S:90◦S,

Pg C yr−1)

SO NPP
north of
winter sea-
ice edge
(30◦S:50◦S,

Pg C yr−1)

SO NPP
south of
winter sea-
ice edge
(50◦S:90◦S,

Pg C yr−1)

Global EP
(Pg C yr−1)

SO EP
(30◦S:90◦S,

Pg C yr−1)

SO EP north
of winter
sea-ice edge
(30◦S:50◦S,

Pg C yr−1)

SO EP south
of winter
sea-ice edge
(50◦S:90◦S,

Pg C yr−1)

PI 47.45 14.63 7.62 7 7.19 3.84 1.58 2.267
LGM-clim 39.46 (-16.8) 13.02 (-11) 7.057 (-7.4) 5.96 (-15) 6.85 (-4.7) 3.75 (-2.4) 1.65 (+4.7) 2.10 (-7)
LGM-BASE-HFe 39.37 (-17) 12.87 (-12) 6.97 (-8.6) 5.9 (-15.7) 6.88 (-4.4) 3.72 (-3.3) 1.63 (+3.4) 2.08 (-8)
LGM-BASE-HSi 39.46 (-16.8) 13.02 (-11) 7.05 (-7.3) 5.96 (-15) 6.84 (-4.8) 3.75 (-2.5) 1.65 (+4.7) 2.09 (-7.5)
LGM-BASE-ref 39.39 (-17) 12.88 (-12) 6.97 (-8.5) 5.90 (-16) 6.87 (-4.5) 3.72 (-3.4) 1.64 (+3.5) 2.08 (-8)
LGM-lamb 38.34 (-19) 13.18 (-10) 6.6 (-13) 6.58 (-6) 6.94 (-3.5) 3.92 (+1.9) 1.61 (+1.9) 2.3(+1.8)
LGM-glac 38.22 (-19) 13.07 (-10.6) 6.51 (-14) 6.55 (-6) 6.90 (-4) 3.91 (+1.7) 1.6 (+1.8) 2.32 (+2.2)
LGM-W 37.02 (-22) 13.36 (-8.7) 6.93 (-9) 6.43 (-8.2) 6.894 (-4.1) 4.01 (+4.4) 1.708 (+8) 2.31 (+1.8)

4 Discussion422

Our simulations suggest that without changes in aeolian iron input there is a 16.8%423

decrease in global NPP and a 4.7% decrease in global EP (Table 2) during the LGM (LGM-424

clim experiment) compared to PI. In the Southern Ocean, the simulated EP decreases425

by 2.4% while NPP decreases by 11%. These results are consistent with previous stud-426

ies. Due to LGM boundary conditions Yamamoto et al. (2019) simulate a 7% and 4%427

decrease in global and Southern Ocean EP, respectively. Muglia et al. (2017) suggest larger428

changes with a 13% and 26% decrease in global and SO EP, respectively. .429

Due to larger sea-ice extent and therefore a shorter growing season, as well as lower430

SSTs at the LGM, the abundance of coccolithophores and NPP decrease in the South-431

ern Ocean from 5◦ north of the simulated LGM winter sea-ice edge to the Antarctic con-432

tinent. This is also the case for diatoms and EP, but enhanced deep-ocean convection433

in our LGM simulation leads to a regional increase in these quantities in the seasonal434

sea-ice zone of the Atlantic and Indian sectors. Southern Ocean EP increases by 4.7%435

north of the LGM austral winter sea-ice, while it decreases by 7% south of the winter436

sea-ice edge compared to PI. This increase of EP north of winter sea-ice and decrease437

south of the sea-ice is somewhat consistent with previous modelling results (Menviel et438

al., 2012, 2017; Yamamoto et al., 2019).439

The proxy compilation suggests a regional dipole in EP during the LGM, with an440

increase in EP north of the sea-ice edge and a decrease south of it (Kohfeld et al., 2005,441

2013). Inaccuracies in the simulated sea-ice extent can therefore lead to potential errors442

in ecosystem response in climate models. While the increase in diatoms and EP in the443

LGM-clim simulation north of the winter sea-ice edge in the South Atlantic, and the de-444

crease south of the winter sea-ice edge in the South Pacific and Indian sectors are fairly445

consistent with the proxy records, the increase in diatoms and EP due to increased ven-446

tilation south of the winter sea-ice edge in the South Atlantic is not (Kohfeld et al., 2013).447

However, additional records from that region are needed, as previous studies suggest that448

there could have been an increase in diatoms in that region, that remained undetected449

in sediment opal fluxes (Abelmann et al., 2006, 2015).450

It has been previously hypothesised that enhanced aeolian iron input into HNLC451

regions during the LGM could have increased NPP and EP in these regions (Martin, 1990).452

However, there are significant uncertainties associated with the regional magnitude of453

dust fluxes during the LGM, particularly in the Southern Ocean (Mahowald et al., 2006;454

Albani et al., 2014; Lamy et al., 2014; Lambert et al., 2015; Albani et al., 2016; Ohgaito455

et al., 2018; Courtillat et al., 2020). Comparing these different estimates with lithogenic456

fluxes from marine sediment cores suggests that the best agreement is obtained for the457

LGM-lamb dust mask (Lambert et al., 2015), due to the increase in dust deposition in458

the south Pacific region. It is interesting to note that, in agreement with previous re-459
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sults (Schmittner & Somes, 2016), the simulated global NPP is 16-22% lower in our LGM460

simulations than in our PI run, regardless of the large range of changes in aeolian iron461

and silica fluxes included in our study.462

Despite large differences in the patterns and magnitude of dust fluxes tested here,463

the pattern of the simulated ecosystem anomalies are similar in the Southern Ocean. Re-464

gional changes are mostly driven by changes in oceanic circulation, SST and sea-ice, while465

the magnitude (and sign) of the anomalies is modulated by the iron input (Figure 5).466

For example, the glacial iron input into the Southern Ocean in the LGM-lamb exper-467

iment intensifies the coccolithophore and diatom abundance by 43-52% respectively, in468

some regions (near Argentina, South Atlantic and Indian Ocean between 50◦S:60◦S) com-469

pared to PI. This further increases EP by 46% and NPP by 21% in these regions com-470

pared to the LGM experiment without additional iron input (LGM-clim). The additional471

iron input in the Pacific sector of the Southern Ocean in LGM-lamb leads to a 15% in-472

crease in EP compared to LGM-clim in this region. Therefore, the overall Southern Ocean473

EP increases in both LGM-lamb and LGM-glac, and even exceeds the Southern Ocean474

EP simulated in PI by 1.8%, while Yamamoto et al. (2019) and Muglia et al. (2017) show475

a decline of 2% and 18% compared to PI, respectively.476

The fact that physical processes control the pattern of EP anomalies between LGM477

and PI, and that additional iron input modulates the magnitude of the anomalies, is con-478

sistent with Menviel et al. (2012); Yamamoto et al. (2019), but does not seem to be the479

case in the study by Muglia et al. (2017), which shows a decline in EP with dust. It is480

also interesting to note that the location of the EP ”dipole” pattern due to the sea-ice481

edge varies in different studies, from an increase north of the annual mean sea-ice edge482

(Menviel et al., 2012), to an increase everywhere north of the summer sea-ice edge (Yamamoto483

et al., 2019). In addition, in order to simulate a significant increase in Southern Ocean484

EP (13 to 24% compared to PI), previous studies had to force their model with a 10-fold485

increase in aeolian iron deposition (Muglia et al., 2017) or increase the solubility of iron486

to 3-10% (Yamamoto et al., 2019).487

δ15N records suggest a higher consumption of nitrate south of the polar front as-488

sociated with reduced primary production, indicating an increase in stratification in the489

Antarctic zone during glacial times (Francois et al., 1997; Jaccard et al., 2013; Sigman490

et al., 2020). This is investigated in our LGM-W experiment where weakening the bot-491

tom water formation in the Weddell Sea in our LGM simulation significantly impacts492

the Southern Ocean circulation, SSTs, and sea-ice cover. As a result, the pattern of ecosys-493

tem changes is different from the other experiments. Due to colder conditions and an494

associated shorter growing season, diatom abundance increases in the Indian ocean in495

the seasonal sea-ice zone, thus leading to an increase in EP in that region, and improv-496

ing the model-data agreement to 61%. Southern Ocean EP increases by 4.4% in this ex-497

periment compared to PI.498

The total EP to NPP efficiency in the Southern Ocean is higher in all our LGM499

experiments compared to PI, and highest in the simulation using the Lambert et al. (2015)500

iron dust flux with weaker Weddell Sea bottom water formation (LGM-W). This is due501

to the combined effect of an overall dominance of diatoms and lower SSTs.502

As with any modelling study, there are limitations related to model performance,503

model structure and experimental set up. In this study, we present results using the UVic504

ESCM which has a sophisticated ecosystem model and includes an ocean general circu-505

lation model, and a dynamic-thermodynamic sea-ice model. However, the atmospheric506

model is an energy moisture balance model. We therefore did not take changes in winds507

and wind stress into account in this study, and thus potential changes in upwelling strength.508

Southern Ocean aeolian silica input decreases in our set of experiments during the LGM509

compared to PI, and did not significantly impact ecosystems, we therefore leave the test-510

ing of the impact of large changes in aeolian Si supply on ecosystems for future research.511
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Our results show that ecosystem response is highly dependent on light availability and512

nutrient availability during the short growth season in the Southern Ocean; better con-513

straints on seasonal sea-ice cover, and oceanic circulation at the LGM are therefore needed.514

Additional paleo-proxy records are also needed to better constrain glacial changes in di-515

atom abundance in the seasonal sea-ice zone.516

5 Conclusion517

We investigate changes in ecosystems, marine primary production and carbon ex-518

port in the Southern Ocean between the LGM and the PI using an Earth system model519

of intermediate complexity, which includes a newly developed ecosystem model. We find520

that south of 50◦S, changes in diatoms and coccolithophores are driven by changes in521

nutrients and SSTs, with diatoms having an advantage over coccolithophores in shorter522

growing seasons. Greater sea-ice cover and reduced SSTs lead to a decrease in NPP and523

EP near the Antarctic coast south of the winter sea-ice edge, while an increase in nu-524

trient supply increases EP in some regions north of the LGM winter sea-ice edge. Our525

results suggest that the regional distribution of phytoplankton anomalies is determined526

by physical ocean changes such as SSTs, ventilation depth, and seasonal sea-ice extent,527

while the magnitude and sign of the changes in EP and NPP is modulated by changes528

in iron input. Our simulations are forced with several published LGM dust flux recon-529

structions, which we re-evaluate based on a comparison with lithogenic dust flux anoma-530

lies. By forcing the model with the LGM aeolian iron fluxes based on Lambert et al. (2015),531

which show the best agreement with proxy data, and a stratified Weddell Sea, a 4.4%532

increase in Southern Ocean EP is simulated at the LGM compared to PI. This simula-533

tion, featuring enhanced aeolian iron input in the Pacific Ocean, weakened bottom wa-534

ter formation and enhanced stratification in the South Atlantic sector of the Southern535

Ocean, also shows the best agreement with proxy data of opal flux and EP anomalies.536

Interestingly, this simulation is also the most efficient in exporting carbon out of the mixed537

layer. While featuring the lowest global ocean NPP of all the LGM experiments, it also538

features the highest EP in the Southern Ocean. This is due to lower sea surface temper-539

atures, higher nutrient availability, and a shift to higher diatom abundance.540
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A part of this compilation is also provided in the Supporting Information. The dust de-556

position data used for LGM and PI fluxes in Table 1 is available through Mahowald et557

al. (2006), for LGM-lamb through Lambert et al. (2015) and for LGM-glac is available558

through Ohgaito et al. (2018). The two dimensional field to calculate iron to dust and559

silica to dust ratio is available through Zhang et al. (2015).560
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