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ABSTRACT
The accumulation of methane hydrate in marine sediments is basically controlled by the
accumulation of particulate organic carbon at the seafloor, the kinetics of microbial organic matter
degradation and methane generation in marine sediments, the thickness of the gas hydrate stability
zone (GHSZ), the solubility of methane in pore fluids within the GHSZ and the ascent of deepseated pore fluids and methane gas into the GHSZ. Our present knowledge on these controlling
factors is discussed and new estimates of global sediment and methane fluxes are presented. A
new transport-reaction model is applied at a global grid defined by these up- dated parameter
values. The model yields an improved and better constrained estimate of the global inventory of
methane gas hydrates in marine sediments (3000 ± 2000 Gt of methane carbon).
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INTRODUCTION
The global abundance of methane hydrate in
marine sediments is still poorly constrained.
Estimates are based on extrapolation of field data
[1, 2] and geochemical transport-reaction
modeling [3-5]. They range over three orders of
magnitude (500 – 57 000 Gt C) and a clearly
constrained consensus value has not emerged over
the past decades. This is a major draw- back for
hydrate research since the resource potential and
the possible impact of methane hydrates on past
and future climate change can not be evaluated
without a well constrained estimate of global
methane hydrate abundance. Models and
observations clearly show that methane hydrate

formation is basically controlled by the following
key parameters: 1. accumulation rate of particulate
organic carbon at the seafloor; 2. kinetics of
microbial organic matter degradation and methane
generation in marine sediments; 3. thickness of the
gas hydrate stability zone (GHSZ); 4. solubility of
methane in pore fluids within the GHSZ; 5. ascent
of deep-seated pore fluids and methane gas into
the GHSZ. In the following, we will present the
state-of-the-art and discuss the major unknowns
with respect to the key parameters listed above.
Based on this evaluation, a new geochemical
transport-model is applied to constrain the global
gas hydrate inventory in marine sediments.

Accumulation of particulate organic carbon at
the seafloor
Methane production and methane hydrate
formation are fueled by the accumulation of
particulate organic carbon (POC) at the seabed.
Modeling studies thus reveal a positive correlation
between POC and gas hydrate accumulation rates
[6]. The POC accumulation rate at the seabed is
calculated as:
APOC = POC/100 dS (1- Ф) w

of sediments at the modern seafloor amounts to
about 20 x 10 15 g yr -1 . This number is derived
considering the transport of riverine, eolian and
ice-rafted sediments to the ocean, the
accumulation of neritic carbonates at the
continental shelf and the accumulation of pelagic
sediments at the deep-sea floor (s. Table 1).

(1)

where POC is the concentration of organic carbon
in surface sediments (in wt-%), dS is the density of
dry solids (in g cm -3 ), Ф is porosity, w is burial
velocity (in cm yr-1 ) and APOC is the accumulation
rate (in g cm -2 yr -1 ). POC concentrations have been
measured at several thousand sites covering most
depositional areas at the seabed (s. Fig. 1). The
data have been compiled and evaluated to produce
global maps of POC concentrations in marine
surface sediments [7-9].

Figure 1 Concentration of particulate organic
carbon in Holocene surface sediments [9]
Burial velocities have also been determined at
several hundred locations for Holocene surface
sediments. However, a global compilation of data
covering all ocean basins and margins is currently
not available. The published data clearly show that
burial velocities are high on the continental shelf
and decrease with increasing water depth (see Fig.
2).
Most of the sediments accumulating at the seabed
are derived from the continents. Moreover, the
solid remains of marine plankton (carbonate,
biogenic opal) are deposited at the deep-sea floor
as pelagic sediments. The global accumulation rate

Figure 2 Burial velocity (w) in Holocene surface
sediments. Data are taken from [10], [11] and [7].
The solid trend line is defined by Eq. (2).
Flux
Reference
14.0
Riverine particles
[12]
2.9
Ice-rafted particles
[13]
0.45
Dust
[14]
1.0
Shelf carbonate
[15]
1.0
Pelagic carbonate
[16]
0.27
Biogenic opal
[17]
19.62
Total
Table 1 Global accumulation rates at the seafloor
(in 10 15 g yr -1 ). The listed values are valid for the
pre-human Holocene.
The depth-distribution of sediment accumulation
(Fig. 2) and the global accumulation rate (Tab. 1)
can be used to constrain parameter values of a
logistics equation defining the burial velocity as
function of water depth (z in m):
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with w1 = 0.117 cm yr -1 , w2 = 0.006 cm yr -1 , z1 =
200 m, z2 = 4000 m, c1 = 3, c2 = 10. Eq. (2) yields
a global sediment accumulation of 19.6 x 1015 g yr 1
for Ф = 0.8 and dS = 2.5 g cm -3 when applied to

the global bathymetric data set given by Menard
and Smith [18]. The equation predicts that most of
the global sedimentation takes place on the
continental shelf (14.1 x 10 15 g yr -1 at 0 – 200 m
water depth). These estimates are consistent with
other data recently presented by Baturin [19].
Baturin derived a total sedimentation rate of 18.9 x
10 15 g yr -1 with a shelf and upper slope
contribution of 13.6 x 1015 g yr -1 . Sediments
accumulating at shallow water depths (<200 m)
can not contribute to gas hydrate accumulation
since marine methane hydrates are only formed at
significantly higher pressures and water depths.
During the Holocene, the accumulation of methane
hydrates is thus severely limited by the continental
shelf acting as a trap for the continental sediment
input.
However, the Holocene sedimentation pattern is
not representative for the Quaternary. During
glacial sea-level low- stands large continental shelf
areas were exposed and eroded. Shelf sediments
were thus displaced and transported down-slope
towards the gas hydrate stability zone under
glacial conditions such that most of the riverine
particle input has been ultimately deposited at the
continental slope and rise over the late Quaternary.
It usually takes several million years to accumulate
gas hydrates via microbial POC degradation
within the GHSZ. Holocene sedimentation
patterns can thus not be applied to derive a
reasonable estimate of global gas hydrate
abundance.
Physical erosion and terrigenous sedimentation are
strongly affected by climatic conditions and
orogenesis. Global rates of erosion and terrigenous
sedimentation have been reconstructed over the
last 150 million years (s. Fig. 3). These data show
that the Quaternary is characterized by extremely
high sedimentation rates favoring the formation of
gas hydrates [20]. Interestingly, the early Cenozoic
and the PETM (55 million years b. p.) are marked
by very low sedimentation rates. It is thus likely
that the global gas hydrate inventory increased
significantly over the last 10 million years and was
much lower than today during most of the
Cenozoic and Mesozoic.

Figure 3 Change in the global rate of terrigenous
sedimentation over the past 150 million years
(Myr). Age in Myr is plotted as x-axis while the yaxis gives the global sedimentation rate
normalized to the Holocene value [20].

Microbial methane formation in marine
sediments
Stable carbon isotope data show that most methane
hydrates are formed from biogenic methane
produced by the anaerobic degradation of organic
matter in the deep marine biosphere. It is thus
important to understand the mechanisms and
kinetics of organic matter degradation and
microbial methane formation in the marine
subsurface.
Organic matter deposited at the seabed is degraded
by microorganisms and other benthic biota living
at the seafloor and in marine sediments. Oxygen is
used as terminal electron acceptor by benthic
animals and aerobic bacteria. The remaining
organic matter is degraded by anaerobic bacteria
using dissolved nitrate and manganese (+IV) and
iron (+III) minerals as oxidizing agents. These
additional electron acceptors are usually consumed
within the bioturbated surface layer (0 – 10 cm
sediment depth). Field data show that only a small
fraction of the POC raining to the seafloor is
buried below 10 cm depth (s. Fig. 4). The data
reveal a marked contrast between fine-grained
continental margin and deep-sea sediments. While
at continental margins about 10 % of the POC
raining to the seabed is conserved and buried
below 10 cm sediments, this fraction is reduced to
about 1 % at the deep-sea floor. Due to the very
low preservation of POC in open ocean
environments, gas hydrates are usually not found

in pelagic sediments but only at continental
margins where a significant POC fraction is buried
and therefore available for microbial methane
formation in the deep subsurface.

Figure 4 Burial of particulate organic carbon
(BURPOC ) below 10 cm sediment depth as function
of organic carbon rain rate to the seafloor (RRPOC ).
Open black circles indicate data from continental
margin sites with oxygen-bearing bottom waters
(O2 >20 µM). Solid black squares represent
continental margin sediments covered with
oxygen-depleted bottom waters (O2 <20 µM).
Continental margin data are taken from various
sources [10, 21-24]. Blue open squares indicate
mean values averaged over major ocean basins
[25]. Solid lines define the trends observed in
margin and deep-sea sediments [26].
The buried POC is further degraded by anaerobic
bacteria and archaea using dissolved sulfate as
electron acceptor. Methane generation starts below
the depth of sulfate penetration. Several steps are
needed before methane is finally produced as
stable end product of anaerobic microbial POC
degradation. In a first step, biogenic polymers are
hydrolyzed and converted into monomers. The
monomers (sugars, amino a cids, lipids, etc.) are
then fermented into CO2 , H2 and a number of
organic acids. Methane is finally formed by
methanogenic microorganisms converting CO2 and
H2 into methane:
CO2 + H2 => CH4 + H2 O

(3)

The stoichiometry of the overall process of organic
matter degradation and methanogenesis is given
by the following reaction:

C(H2 O) => CH4 + CO2

(4)

where C(H2 O) represents the sedimentary POC.
Eq. (4) does not imply that methane is directly
formed by POC degradation. It rather defines the
substrate and the final products. The intermediate
steps including fermentation and CO2 reduction
with H2 are included in the overall stoichiometry
[27].
The key questions that need to be answered to
estimate the global rate of methane formation may
be formulated as: How much POC is reaching the
methanogenic zone and how much of that POC
can be microbially converted into methane? To
answer these questions not only the POC burial
rates but also the down-core changes in POC
reactivity need to be defined. Since more than
three
decades
marine
geochemists
and
microbiologists have shown that the POC
reactivity decreases strongly with sediment age
and depth. In his classical paper on POC
degradation kinetics in marine sediments J. J.
Middelburg showed that the down-core decrease
in POC reactivity can be represented by the
following equation [28]:
k age = 0.16 (age0 + age) -0.95

(5)

where k age is the age-dependent reactivity (in yr-1 )
and age0 is the initial age of POC (in yr). The
equation was calibrated by a large number of rate
measurements showing that the reactivity of POC
decreases by more than 10 orders of magnitude
going from fresh marine plankton to POC buried
in ancient sediments. The overall trend was later
confirmed by microbiologists studying the
turnover of POC in the deep marine biosphere.
The rate of POC degradation (RPOC in g g -1 yr -1 ) is
calculated as:
RPOC = - dCPOC /dt = k age CPOC

(6)

where CPOC is the POC concentration (in g C per g
dry weight).
Equations (5) and (6) can be combined and solved
to estimate the POC loss within the sulfate
reduction zone and thereby the input of POC into
the methanogenic zone. The fraction of POC
reaching the methanogenic zone results as:
f MI = exp(3.2 age0 1/20 – 3.2 (t exp + age0 ) 1/20) (7)

where t exp is the sulfate exposure time and fMI is
the concentration of POC in sediments reaching
the methanogenic zone divided by the POC
concentration in sediments buried below the
bioturbated zone at 10 cm depth. The sulfate
exposure time depends on sulfate penetration
depth (zS in m) and burial velocity (w in m yr -1 ):
t exp = (zS-0.1)/w

(8)

Burial velocities at the deep-sea floor typically
range from 0.1 - 10 cm kyr -1 (s. Fig. 2) while
sulfate penetrates usually more than 100 m into
pelagic sediment. The sulfate exposure time in
deep-sea sediments is thus typically larger than
one million years and may reach values of up to
100 million years. Thus, less than 15 % of the
POC buried below the bioturbated zone is reaching
the methanogenic zone since more than 85 % of
the POC is consumed in the overlying sediments
(s. Fig. 5).
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where KC is an inhibition constant (KC = 30 – 50
mM), CDIC is the concentration of dissolved
inorganic carbon in ambient pore fluids and CCH4
the dissolved methane concentration (in mM). This
extension of the Middelburg model wa s
subsequently tested and applied at a number of
ODP drill sites in prominent gas hydrate provinces
[6]. The evaluation of pore water profiles showed
that kinetic equation (9) gives indeed a very good
approximation of the down-core changes in
microbial methane formation within the GHSZ.
Eq. (9) can be solved to calculate the fraction of
POC being converted into methane carbon within
the methanogenic zone (Eq. 10):
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where t is the residence time of sedimentary POC
within the methanogenic zone while f M is the ratio
between microbially produced methane carbon and
POC entering the methanogenic zone from above.
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sediment data from the Sakhalin Slope and the
Blake Ridge, the authors showed that the rate of
methane formation within the methanogenic zone
(RCH4 in g of methane carbon g -1 yr -1 ) can be
calculated as (Eq. 9):
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Figure 5 Fraction of buried POC entering the
methanogenic zone (f MI, y-axis) as function of
sulfate exposure time (t exp in yr, x-axis) as
calculated from Eq. (7) for an initial age of age0 =
1000 years
Sulfate dissolved in ambient pore fluids is
typically consumed at 10 – 100 m sediment depth
in most continental margin settings. The sulfate
exposure time results as t exp = 10 4 – 10 6 yr for
burial velocities of 10 – 100 cm kyr -1 (s. Fig. 2).
Thus, about 15 – 60 % of the buried POC is
reaching the methanogenic zone in continental
margin sediments.
The kinetics of microbial methane formation in
marine sediments was studied in detail by
Wallmann et al. [27]. Evaluating pore water and

Considering the low sedimentation rates and high
sulfate exposure times, typical deep-sea sediments
entering the methanogenic zone have an initial age
of age0 >10 6 yr while age0 has much lower values
of 104 – 10 6 yr in continental margin sediments.
Methane formation is further inhibited by the
accumulation of dissolved metabolites (DIC and
CH4 ) within ambient pore fluids. Assuming typical
concentrations of CDIC = CCH4 = 50 mM and an
inhibition constant of KC = 40 mM, Eq. (10) can
be applied to calculate the POC fraction being
converted into methane within the methanogenic
zone (s. Fig. 6).
The residence time of sediments within the
methanogenic zone is limited by the geothermal
gradient since microbial methane formation can
not proceed at temperatures above approximately
100°C. Assuming a geothermal gradient of 30 -

40°C/km, the deep biosphere may extend to a
sediment depth of about 3 km. At continental
margins with typical burial velocities of 10 – 100
cm kyr -1 , the residence time within the
methanogenic zone may thus fall into a range of t
= 3 to 30 million years. Fig. 6 and Eq. (10) show
that about 10 – 20 % of the POC entering the
methanogenic zone is microbially converted into
methane under these assumptions (for age0 = 10 5
yr). The residence time in deep-sea sediments is
limited by the thickness of pelagic sediments and
the age of the underlying oceanic crust. Adopting a
typical crustal age of about 50 - 60 million years
as estimate of the residence time, Eq. (10) predicts
that only 9 % of the POC is converted into
methane (for age0 = 107 yr.).
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However, field data clearly show that a large
fraction of methane is lost by upward diffusion
and fluid flow into the overlying sulfate-bearing
zone where methane is consumed by microbial
consortia using sulfate as terminal electron
acceptor [30, 31]. The biogenic methane inventory
is thus certainly much smaller than the timeintegrated rate of biogenic methane formation
derived above. Nevertheless, the number of 70 000
Gt C is a useful upper limit for biogenic methane
accumulation. Interestingly, the global methane
hydrate inventory estimated by [4] approaches this
upper limit value.
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Figure 6 Fraction of POC converted into methane
carbon within the methanogenic zone (fM, y-axis)
as function of residence time (t in yr, x-axis, Eq.
10). The dashed line is representative for deep-sea
sediments with age0 = 10 7 yr while the solid line
represents continental margin sediments with age0
= 10 5 yr.
Considering the arguments and equations
presented above it is now possible to estimate the
rate of microbial methane formation in marine
sediments at global scale applying current
estimates of global POC accumulation rates below
the bioturbated zone [29]. The resulting timeintegrated rates of methane formation are shown in
Tab. 2. The global rate amounts to 70 000 Gt of
methane carbon with more than 90 % of methane
formation taking place at the continental margins.
This number would correspond to the global
inventory of biogenic methane within marine
sediments if none of the methane would be lost by
upward diffusion, fluid flow and gas ascent.

FB
0.015
0.125

FM
0.001
0.039

IM
4 000
66 000

Table 2 Global rates of microbial methane
formation in marine sediments. FB is the POC
accumulation rate below the bioturbated zone [29].
FM gives the POC flux into the methanogenic zone
assuming sulfate exposure times of 10 5 yr for the
continental margin and 10 7 for pelagic sediments.
FB and FM are given in Gt C yr -1 . I M is the timeintegrated rate of microbial methane formation (in
Gt C) assuming POC residence times of 10 7 yr for
the continental margin and 5 x 10 7 yr for deep-sea
sediments.
Thickness of the gas hydrate stability zone
Methane hydrates are only stable at low
temperatures and high pressures. The stability field
of structure type-I methane hydrate is well defined
[32]. Pitzer equations can be used to constrain the
effects of seawater salinity and porewater
composition on methane hydrate stability [33].
The stability field for sulfate-free seawater with a
salinity of 35 PSU is shown in Fig. 7.
The upper limit of the GHSZ in marine sediments
is defined by ambient water depths and bottom
water temperature while the lower limit is
constrained by the geothermal gradient. Data sets
are available to define the upper limit at global
scale. However, a global data set of geothermal
gradients in marine sediments is unfortunately not
available. Thus, we applied the global heat flow
data set provided by the International Heat Flow
Commission (IHFC) to circumvent this problem.
Se diment temperatures were assumed to be in

steady-state and were computed assuming a
thermal conductivity of 1.5 W m -1 K-1 [9]. The
resulting global GHSZ map is shown in Fig. 8.
The map shows an extended and deep-reaching
GHSZ at high latitudes and around passive
continental margins whereas a thin GHSZ is
derived for the open ocean where the thickness of
the GHSZ is limited by the thin sedimentary cover.
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Figure 9 Solubility of type-I methane hydrate in
sulfate-free pore water at S = 35 [33]. The x-axis is
pressure in bar and the y-axis give the solubility of
methane hydrate in mmol/kg. The solid line is
valid for 0°C, the broken line indicates the
solubility at 5°C and the dotted line gives the
solubility at 10°C.
Figure 7 Stability field of type-I methane hydrate
in sulfate-free seawater with a salinity of 35 PSU
[33]. The x-axis is temperature in K while the yaxis gives pressure in bar. The shade d area
indicates the hydrate stability field.

Figure 8 Thickness of the GHSZ in marine
sediments calculated from global heat flow data
and the hydrate stability field shown in Fig. 7 [9].
Solubility of methane hydrate in pore fluids
Ga s hydrates are only formed within the GHSZ if
the concentration of dissolved methane in ambient
pore fluids exceeds the solubility of methane
hydrate. The solubility of structure type-I methane
hydrate increases with temperatures and decreases
with pressure [33]. Low solubilities favoring the
formation of gas hydrates are thus obtained at high
pressures and low temperatures (s. Fig. 9).

The thermodynamic model of [33] applied above
for the calculation of methane hydrate solubility is
base d on the Pitzer approach and is consistent with
the experimental data on methane hydrate
solubility. It should, however, be noted that only a
very limited set of experimental data is currently
available and more work needs to be done to
clearly constrain the solubility of methane hydrate
in marine pore fluids.
Upward fluid flow and gas migration
Methane produced by microbial and thermal POC
degradation in deep sediments underlying the
GHSZ may ascend into the GHSZ where it is
transformed into gas hydrate. The GHSZ may thus
act as a “cold trap” for upward migrating methane.
Methane can be transported as gas and in
dissolved form via upward fluid flow. Numerous
cold seep sites have been documented at the deepsea floor where rich ecosystems evolve that use
upward migrating methane as energy source [3436]. Large fractions of the sedimentary pore space
are saturated by gas hydrate in areas of active
upward gas and fluid flow. These areas are prime
targets for economic exploitation since the
production rate of natural gas from marine
methane hydrates is greatly enhanced at high pore
space saturations.
The global rate of upward fluid flow may be
estimated from a steady-state pore water budget.
Se diments accumulating at the seafloor are subject

to compaction. The porosity thus decreases with
increasing sediment depth (s. Fig. 10). However, a
significant volume of pore water remains within
the sediment after steady-state compaction.

Figure 10 Down-core porosity decrease in marine
sediments induced by steady-state sediment
compaction [37]
The global rate of pore water burial at the seafloor
after compaction (AP in cm 3 yr -1 ) may be estimated
from the global sedimentation rate (AS = 19.6 x
10 15 g yr -1 , Tab. 1), the mean density of dry solids
(dS = 2.5 g cm -3 ) and the porosity after compaction
(Фf = 0.1 – 0.3):
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The resulting value of AP = 0.9 – 3.4 km yr
corresponds to independent estimates of upward
fluid flow at active continental margins (1 – 2 km 3
yr -1 , [38, 39]) indicating that most of the buried
pore fluids are mobilized at continental margins by
tectonic over-pressuring. The flux of dissolved
methane into the GHSZ via upward fluid flow may
be estimated as about 1 - 4 Tg C yr -1 assuming that
the buried pore fluids have a mean dissolved
methane concentration of 100 mM and are
ascending into the GHSZ at continental margins.
Over a period of 10 million years, this upward flux
of methane would introduce 10 000 – 40 000 Gt of
methane carbon into the GHSZ. It is thus likely
that a significant fraction of the biogenic methane
produced at continental margins (66 000 Gt C,

Tab. 2) is ultimately transported into the GHSZ via
upward fluid flow.
The fate of methane gas produced below the
GHSZ is uncertain. The bottom simulating
reflector (BSR) found at many continental margins
is produced by the strong seismic contrast between
gas below the GHSZ and gas hydrate within the
GHSZ. Seismic surveys show a wide-spread
occurrence of the BSR indicating that a significant
fraction of methane gas is not mobile but retained
and buried in sediments underlying the GHSZ.
However, seismic chimneys indicating the ascent
of free gas are also frequently observed at
continental margins and are often associated with
high gas hydrate saturations in the overlying
GHSZ. It thus seems that the free gas is usually
immobile but locally mobilized and transported
into the GHSZ. The physical controls on gas
transport into the GHSZ are poorly understood and
it is currently not possible to evaluate this
important transport mechanism at global scale.
Global methane hydrate inventory in marine
sediments
A steady-state transport-reaction model wa s
developed by Wallmann et al. [27] to simulate the
formation of methane hydrates in marine
sediments. The model considers sediment burial,
compaction (s. Fig. 10), molecular diffusion,
sulfate reduction, methanogenesis (Eq. 9),
anaerobic oxidation of methane at the sulfatemethane transition zone and gas hydrate formation
from over-saturated pore fluids (Fig. 9).
The model was applied on a global grid defined by
the POC concentration data shown in Fig. 1, the
burial velocities defined by Eq. 2 (Fig. 2), and the
GHSZ map depicted in Fig. 8. The model did not
consider the transport of methane into the GHSZ
via upward gas and fluid flow. The gas hydrate
formation simulated with this model run is thus
only supported by the microbial methane
formation within the GHSZ. Most of the methane
formed within the GHSZ is lost to the overlying
sediments by molecular diffusion and microbial
oxidation in the sulfate-methane transition zone.
The POC transfer into the methanogenic zone is
limited by the low burial velocities in the GHSZ
since the continental shelf acts as an efficient
sediment trap under Holocene boundary
conditions. The global methane hydrate inventory

in marine sediments calculated with this approach
is very small (4 Gt of methane carbon, [9]).
The first model-based estimate of the global
methane hydrate inventory under Holocene
boundary conditions was presented by Buffett and
Archer [3]. They used the POC rain rate to the
seabed as a major external driving force for the
simulation of hydrate formation in marine
sediments. The rain rate was calculated as a
function of water depth and applied as an upper
boundary condition for an early diagenesis model
simulating the degradation of POC in the top
meter of the sediment column [40]. The POC
burial rate at 1 m sediment depth calculated with
this “muds” model was applied as upper boundary
condition for the simulation of methane turnover
in the underlying sediment sequence. The later
simulations consider the microbial degradation of
POC via sulfate reduction and methanogenesis and
the anaerobic oxidation of methane within the
sulfate-methane transition zone [41, 42]. POC was
separated into an inert fraction and a labile fraction
that was degraded over the top km of the sediment
column following first order reaction kinetics (rate
constant 3 x 10 -13 s-1 ). The model also considers an
externally imposed rate of upward fluid flow. It
wa s calibrated using field data obtained at Blake
Ridge (a passive margin site) and the Cascadia
margin (active continental margin). The best fit to
observations was obtained assuming that the 25 %
of the total POC is labile and using upward fluid
flow velocities of 0.23 mm yr-1 (passive margin) to
0.4 mm yr -1 (active margin). Applying these
parameter values on a global grid and assuming a
compensating downward fluid flow over 50 % of
the global seafloor area resulted in a total methane
hydrate inventory of 3000 Gt C [3]. The hydrate
inventory was to a large degree controlled by the
velocity of upward fluid flow that was assumed to
exceed the flow rate induced by sediment
compaction by 20 % (passive margins) to 60 %
(active margins). Without imposed fluid flow, the
global hydrate inventory was reduced to 600 Gt C
[3]. Subsequently, the authors discovered an
extrapolation error in the calculation of POC rain
rates as function of water depth [5]. The modelbased estimate of the global hydrate inventory was
reduced from 3000 Gt C to approximately 700 –
900 Gt C after correction for this error [5]. Even
after this downward revision, the calculated
hydrate inventory is still two orders of magnitude
higher than the Holocene inventory calculated by

us [9]. This difference is probably caused by the
neglect of upward fluid flow in our model. It
seems that most of the gas hydrate formation is
caused by methane migration under Holocene
boundary conditions.
Klauda and Sandler [4] used a slightly modified
version of the Davie and Buffett model [42] to
estimate the global marine hydrate inventory. The
entire POC pool was assumed to be completely
degradable with a reduced decay constant of 1.5 x
10 -14 s-1 . T he upper boundary of the model domain
wa s constrained by field data. POC concentrations
measured in surface sediments and Holocene
sedimentation rates averaged over the major ocean
basins were applied to define the POC burial flux
at the sediment surface [4]. The global hydrate
inventory estimated with this approach was
surprisingly high (57 000 Gt C) even though the
model was run without imposing upward fluid
flow. Unfortunately, Klauda and Sandler [4] did
not consider POC degradation via sulfate
reduction. The large difference to our estimate
may be explained by the neglect of microbial
sulfate reduction and methane oxidation since the
accumulation of methane in pore fluids and gas
hydrates is strongly diminished by these processes.
Moreover, Buffett and Archer [3] and Klauda and
Sandler [4] applied a lower solubility of methane
hydrate than predicted by our model (Fig. 9). The
reduced hydrate solubility favors hydrate
formation and may account for some of the
difference bet ween ours and the previous
estimates. Finally, the gas hydrate inventory is
further reduced in our model by the strong downcore decrease in POC reactivity. This important
kinetic factor was not considered in the previous
model-based estimates. Overall, it may be
concluded that gas hydrate formation via microbial
methane formation within the GHSZ is very
limited under Holocene boundary conditions.
In a second model run, we simulated hydrate
formation under Quaternary boundary conditions.
We used the same input parameter values as
before but enhanced the burial velocity at the
continental slope and rise by a factor of five
assuming that shelf sediments are eroded and redeposited at large water depth during glacial sealevel low- stands [9]. Under these conditions, the
model predicts a global hydrate inventory of 995
Gt C. T he model run confirms that the
accumulation rate of gas hydrates is to a large

degree controlled by the burial velocity and the
input of POC into the methanogenic zone. Most of
the hydrates are found at highly productive
continental margins and at high latitudes (s. Fig.
11).

wa s used to constrain the range of upward fluid
flow velocities (v) at continental margins as v =
0.05 mm yr -1 for passive margins and 0.3 mm yr -1
for active margins. The global hydrate inventory
estimated with this approach is 3500 Gt C (s. Fig.
13).

Figure 11 Global distribution of methane hydrate
produced by microbial methane formation within
the GHSZ under Quaternary boundary conditions
[9].
It takes several million years to accumulate gas
hydrates via microbial POC degradation within the
GHSZ (s. Fig. 6). The Quaternary model run is
thus more appropriate than the previous model
runs for Holocene boundary conditions. It
considers that up to 90 % of the shelf sediments
accumulating during interglacial are eroded and
re-deposited at the slope and rise during glacial
conditions [43]. The inventory of 995 Gt C
obtained in the Quaternary model run should be
regarded as a minimum estimate since hydrate
formation via methane ascent from deeper
sediment layers is not included in this number.
The effect of upward fluid flo w on gas hydrate
accumulation wa s further investigated applying
our transport-reaction model [27] with various
upward fluid flow velocities prescribed at the
lower boundary of the model column [44]. This
modeling exercise clearly showed that the gas
hydrate inventory increases dramatically by
imposing an externally driven infiltration of
methane-saturated fluids into the GHSZ (s. Fig.
12). The effect is most pronounced at low to
moderately high POC accumulation rates.
Finally, the model was applied on the previously
defined global grid to calculate the total global
hydrate inventory under Quaternary boundary
conditions. The global pore water balance (Eq. 11)

Figure 12 Effect of upward fluid flow velocity
(FF) on gas hydrate accumulation for various POC
accumulation rates (POCar)

Figure 13 Global distribution of gas hydrates in
marine sediments considering microbial methane
formation and tectonically driven upward fluid
flow [44]. The color bar indicates the depthintegrated methane hydrate inventory in g C cm -2 .
The model run with fluid flow predicts gas hydrate
occurrences at almost all continental margins. The
true distribution of gas hydrates is certainly more
patchy than the distribution shown in Fig. 13 since
fluids usually ascend through narrow highpermeability conduits such as faults and fractures.
This focusing of upward fluid flow wa s not

considered in the global model. It may also affect
the global estimate due to the non-linear
dependency of the gas hydrate inventory on fluid
flow velocity (s. Fig. 12). It should also be noted
that steady-state conditions were applied in all
model runs [3-5, 9, 44]. The models were run over
a period of typically more than one million years
until the depth-integrated inventory of gas
hydrates reached a constant value. It was assumed
that geothermal gradients and POC accumulation
rates at the seafloor have been constant over the
entire model period. Thus, the model runs do not
consider subsidence, thermal evolution and the
changes in POC accumulation during basin
formation. Finally, the ascent of methane gas was
not considered in the model runs. Significant
amounts of gas hydrate may be formed by this
additional methane flux into the GHSZ.
Considering all the uncertainties and gaps in the
available data and the limitations of the existing
models, our best estimate of the global gas hydrate
inventory in marine sediments is 3000 ± 2000 Gt
of methane carbon.
Conclusions and outlook
We present new estimates of the global abundance
of gas hydrates in marine sediments applying
improved estimates of POC accumulation (Figs. 1
and 2), microbial methane formation (Fig. 6),
GHSZ thickness (Fig. 8) and gas hydrate solubility
(Fig. 9). Our transport reaction model shows that
the microbial degradation of POC within the
GHSZ produces only very small amounts of
methane hydrate (4 Gt C) under Holocene
boundary conditions since sediments are trapped at
the continental shelf and methane is lost via
upward diffusion and microbial oxidation. The
global gas hydrate inventory increases to about
1000 Gt C under Quaternary boundary conditions
considering that shelf sediments were eroded and
re-deposited within the GHSZ under glacial
conditions (Fig. 11). A further increase to 3500 Gt
C is obtaining by considering upward fluid flow
induced by tectonic over-pressuring at continental
margins (s. Fig. 13). Allowing for additional
methane input to the GHSZ via the ascent of free
methane gas, our up-dated best estimate of the
global methane hydrate inventory in marine
sediments is 3000 ± 2000 Gt C.
The gas hydrate distributions shown in Fig. 13
may be used for prospection purposes. It should,
however, be noted that detailed local surveys will

almost certainly reveal inventories differing
considerably form the predicted values since the
regional basin evolution and the local pathways for
fluid and gas flow are not resolved in our global
estimates. Seismic surveys and drilling data are
needed to constrain local gas hydrate inventories.
Moreover, new 3-D basin modeling tools have
recently been developed that can be used to better
constrain gas hydrate inventories in well
characterized sedimentary basins [45].
Our new estimate of the total marine gas hydrate
inventory (3000 ± 2000 Gt C) implies that future
seafloor warming may ultimately induce large and
persistent methane emissions at the seafloor. Past
hydrate inventories were probably smaller than
today due to reduced sedimentation rates during
the early Cenozoic and Mesozoic (s. Fig.3) and
elevated bottom water temperatures. Some of the
negative carbon isotopic excursions observed in
the geological record were thus probably not
caused by massive gas hydrate dissociation events
but rather by other processes such as the intrusion
of volcanic silts into POC-rich sedimentary strata.
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