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Abstract 6 

The sedimentary concentration and stable isotope composition of molybdenum (Mo) is widely used as 7 

a proxy for paleo redox conditions in the marine environment. However, the behavior of Mo during 8 

early diagenesis is still not fully understood, which complicates the application of the Mo proxy in 9 

ancient continental margin environments. Here, we present Mo concentrations and isotope compositions 10 

of sediment and pore water samples from the Guaymas Basin in the Gulf of California. Our sample set 11 

covers a broad range of depositional environments, including sediments from within the eastern 12 

equatorial Pacific oxygen minimum zone (OMZ), from a semi-restricted oxic graben, and from near a 13 

hydrothermal vent-field. By investigating Mo cycling in these different settings, we provide new insights 14 

into different modes of Mo fixation and the associated isotope fractionation.  15 

Sediments from the OMZ have authigenic Mo concentrations (Moauth) between 3.3 and 17.2 µg/g and 16 

δ98Mo between +1.64 and +2.13 ‰. A linear decrease in pore water Mo concentrations to the depth 17 

were hydrogen sulfide accumulates along with sedimentary authigenic δ98Mo values (δ98Moauth) close to 18 

seawater indicate diffusion of Mo from the bottom water into the sediment with little isotope 19 

fractionation during quantitative Mo removal. Sediments from the site with oxic bottom water within 20 

the basin reveal Moauth concentrations ranging from 1.2 to 14.7 µg/g and δ98Moauth signatures 21 

between -1.39 to +2.07 ‰. Pore water Mo concentrations are generally higher than ambient bottom 22 

water concentrations and the light δ98Moauth signatures of the pore waters between +0.50 and +0.80 ‰ 23 

and of the sediments indicate continuous Mo exchange between the pore water Mo pool and Mn and Fe 24 

oxides during early diagenesis. Sediment samples from the vent field mainly consist of black smoker 25 

debris and are characterized by Moauth concentrations ranging from 8.6 to 33.2 µg/g and δ98Moauth values 26 

as high as +2.20 ‰. The relatively high Mo concentrations and seawater-like δ98Mo can be explained 27 

by near-quantitative Mo scavenging from hydrothermal solutions with little isotope fractionation at high 28 



temperatures. Comparison of our new data for the OMZ sediments in the Gulf of California with 29 

previously published data for sediments from the Peruvian OMZ highlights that Mo isotope 30 

compositions in this kind of setting strongly depend on how Mo is delivered to the sediment. If Mo 31 

delivery into the sediment contributes to Mo accumulation in the solid phase, as is the case in the 32 

Guaymas Basin, sedimentary Moauth concentrations are relatively low but the isotope values are close to 33 

the δ98Mo signal of seawater. If Mo is exclusively delivered by particles, like on the Peruvian margin, 34 

much higher sedimentary Moauth concentrations can be attained. In the latter case, Moauth isotope values 35 

will be lighter because the sediments preserve the isotopic offset that was generated during adsorption 36 

or uptake of Mo by particles. Our findings de-emphasize the role of dissolved Mo speciation in pore 37 

waters but highlight the importance of the mode of Mo delivery for the Mo concentration and isotope 38 

composition preserved in the paleo-record.  39 
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1. Introduction 44 

The Mo concentration and isotope composition of marine sediments is a widely used proxy for the 45 

reconstruction of redox conditions in modern and paleo environments (Crusius et al., 1996; Siebert et 46 

al., 2003; e.g. Arnold et al., 2004; Barling and Anbar, 2004; Poulson et al., 2006; Poulson-Brucker et 47 

al., 2009). This is due to the changing geochemical behavior of Mo under different redox conditions. In 48 

an oxygenated water column, dissolved Mo in seawater and pore waters has a high affinity for Mn and 49 

Fe oxides, which preferentially adsorb light Mo isotopes (Siebert et al., 2003; Barling and Anbar, 2004; 50 

Tossell, 2005; McManus et al., 2006; Goldberg et al., 2009) (Fig. 1). The isotopically light “oxic sink” 51 

covers about 35 % of the global sedimentary Mo budget (Scott et al., 2008), causing a shift in the isotopic 52 

signature of the seawater Mo pool to a δ98Mo value of about +2.34 ‰ (Barling et al., 2001; Siebert et 53 

al., 2003; Nakagawa et al., 2012). In contrast, when dissolved hydrogen sulfide (H2S) is present in the 54 

water column and exceeds a value of 11 µM (Erickson and Helz, 2000), Mo is effectively scavenged 55 

from seawater into the sediment. Such settings are described as “euxinic” and δ98Mo of these sediments 56 



can reach isotopically heavy compositions close to open-ocean seawater values (Fig. 1). However, 57 

permanent H2S availability in the water column is limited to restricted basins, e.g. the Black Sea and the 58 

Cariaco Trench (e.g. Emerson and Huested, 1991). Thus, euxinic settings only cover about 15 % of the 59 

sedimentary Mo budget (Scott et al., 2008). Nevertheless, most studies applying the Mo redox proxy are 60 

based on the geochemical mechanisms under permanently euxinic conditions (Helz et al., 1996; e.g. 61 

Erickson and Helz, 2000; Nägler et al., 2011), although this only represents a small fraction of Mo fixed 62 

in the marine environment. Indeed, the probably largest Mo sink (~ 50 %) are sediments of open marine 63 

continental margins (McManus et al., 2006). These sediments are governed by a wide spectrum of redox 64 

conditions during early diagenesis. Early diagenesis is driven by the settling and remineralization of 65 

organic matter in the sediment (Froelich et al., 1979), where oxidants serve as electron acceptors 66 

depending on their availability according to the decreasing free energy yield of the corresponding 67 

pathway (oxic respiration > nitrate reduction > Mn oxide reduction > Fe oxide reduction > sulfate 68 

reduction) (Froelich et al., 1979; Burdige, 1993; Canfield and Thamdrup, 2009). As a consequence of 69 

the consecutive usage of electron acceptors with changing sedimentary conditions, different chemical 70 

zones can be observed in the sediment which are named oxic, nitrogenous, manganous, ferruginous and 71 

sulfidic. Most of the processes taking place in these zones are known to be accompanied by Mo isotope 72 

fractionation (see Section 2 for more details). Consequently, early diagenesis can result in a wide range 73 

of Mo isotope compositions (Fig. 1), which often overlap and are thus difficult to assign to specific 74 

environmental conditions or processes.  75 

In upwelling areas along continental margins with high rates of primary production oxygen utilization 76 

by organic matter remineralization can lead to low or zero oxygen concentrations in the water column, 77 

so-called oxygen minimum zones (OMZ) (Pennington et al., 2006; Ulloa et al., 2012; e.g. Kalvelage et 78 

al., 2013). In OMZs, denitrification (Lam et al., 2009a; Zehr, 2009; Dalsgaard et al., 2012) and reduction 79 

of Mn oxides (Boning et al., 2004; Scholz et al., 2011; Hawco et al., 2016; Scholz et al., 2017) already 80 

occur in the water column. Furthermore, OMZ sediments can release dissolved ferrous iron (Fe(II)) 81 

(Noffke et al., 2012; Scholz et al., 2014; Chever et al., 2015) and occasionally dissolved hydrogen sulfide 82 

(H2S) to the water column (Schunck et al., 2013; Scholz et al., 2016; Sommer et al., 2016). Sediments 83 

in these settings also show variable δ98Mo signatures and an average δ98Mo value of ~1.6 ‰ has been 84 



proposed to represent “anoxic open ocean” settings, where H2S is mainly restricted to the pore water 85 

(Poulson et al., 2006; Siebert et al., 2006; Poulson-Brucker et al., 2009). Considering the importance of 86 

open marine continental margins for the global Mo budget, the understanding of these settings is 87 

fundamental and has important implications for the interpretation of the paleo-record. Yet, the 88 

mechanisms of Mo removal and fixation in these environments are still not fully understood.  89 

In this study, we investigate Mo cycling in distinct redox settings of the Guaymas Basin in the Gulf of 90 

California (Mexico). Sediments were sampled on the continental slope within the eastern equatorial 91 

Pacific OMZ and in the oxic part of the basin. In addition, samples were taken near a hydrothermal vent 92 

field, where sediments mainly consist of vent debris. Hydrothermal vent deposits are highly enriched in 93 

a wide range of metals, including Mo, (e.g. Trefry et al., 1994; Metz and Trefry, 2000) and can give 94 

additional insights into early diagenetic processing of Mo originating from interaction between seawater 95 

and a hydrothermal vent. Solid phase and pore water samples were analyzed for selected geochemical 96 

parameters, as well as their Mo concentration and isotope composition. The main goal of this study is 97 

to gain insights into Mo fractionation effects during early diagenesis under different boundary conditions 98 

and to improve interpretations of paleo-redox records in open-marine settings.  99 

 100 

2. Molybdenum isotope fractionation and speciation in the marine environment 101 

The main Mo source to the ocean is from the continental crust, which has an average δ98Mo isotope 102 

composition of +0.2 ‰ (Willbold and Elliott, 2017) (Fig. 1). The main transport pathway of Mo from 103 

the continent to the ocean are rivers (Morford and Emerson, 1999; McManus et al., 2006), which show 104 

an average δ98Mo value of +0.7 ‰ (Archer and Vance, 2008) (Fig. 1). In oxic seawater, Mo behaves 105 

conservatively as oxymolybdate (𝑀𝑀𝑀𝑀(𝑉𝑉𝑉𝑉)𝑂𝑂42−), shows homogenous concentrations of ~110 nM at a 106 

salinity of 35, and has a long residence time of ~440 ka (Collier, 1985; Emerson and Huested, 1991; 107 

Miller et al., 2011). The Mo isotope fractionation processes that define the oceanic Mo isotope reservoirs 108 

are governed by changes in the Mo speciation under different redox conditions. As outlined above, the 109 

high affinity of light Mo isotopes in particular towards Mn oxides leaves the seawater isotopically heavy 110 

with respect to the continental input. The equilibrium fractionation laws outlined by Bigeleisen and 111 

Mayer (1947) and Urey (1947) would predict a heavy isotope composition in the solid phase (i.e. Mn 112 



oxides) when compared to the contemporaneous aqueous phase (i.e. seawater). However, the light 113 

isotope fractionation is induced by a change in coordination during adsorption. In detail, particulate Mn 114 

oxides in the oxic water column and sediment very effectively adsorb tetrahedrally coordinated 115 

oxymolybdate from the ambient solution on their reactive surfaces (Bertine and Turekian, 1973; Calvert 116 

and Pedersen, 1993; Zheng et al., 2000; Kashiwabara et al., 2011). During this process the coordination 117 

state is changed from tetrahedral to octahedral (Kashiwabara et al., 2011) resulting in an isotopic 118 

fractionation for Δ98Mosolution-Mn-oxides of +2.7 to +3.2 ‰ (Siebert et al., 2003; Barling and Anbar, 2004; 119 

Tossell, 2005; McManus et al., 2006). The structural change of the Mo species adsorbed from seawater 120 

to Fe-oxides and therefore associated Mo isotope fractionation is smaller and more variable 121 

(Δ98Mosolution-Fe-oxides of +0.83 to +2.19 ‰) depending on the mineralogy and crystallinity of the Fe oxide 122 

minerals (Goldberg et al., 2009; Kashiwabara et al., 2011). Experimental fractionation factors increase 123 

from magnetite (Δ98Mo = +0.83 ‰) to ferrihydrite (Δ98Mo = +1.11 ‰) to goethite (Δ98Mo = +1.39 ‰) 124 

to hematite (Δ98Mo = +2.19 ‰) (Goldberg et al., 2009). Under anoxic-sulfidic conditions aqueous 125 

hydrogen sulfide (H2S; ΣS2- = H2S + HS- + S2-) is present in the water column or in pore waters and 126 

oxymolybdate is transformed to tetra-thiomolybdate (𝑀𝑀𝑀𝑀(𝑉𝑉𝑉𝑉)𝑆𝑆42−) with increasing H2S, following a 127 

series of intermediate steps of oxy-thiomolybdate formation (𝑀𝑀𝑀𝑀(𝑉𝑉𝑉𝑉)𝑂𝑂4−x 𝑆𝑆x2−; 𝑥𝑥 = 1, 2, 3, 4) (Helz et 128 

al., 1996; Erickson and Helz, 2000; Vorlicek and Helz, 2002; Dahl et al., 2013). This transformation 129 

involves an isotopic fractionation associated with each sulfidation step (Tossell, 2005; Dahl et al., 2010; 130 

Nägler et al., 2011). Above a threshold value of 11 μM H2S the transition from oxy-molybdate to thio-131 

molybdate is highly effective and Mo is quantitatively scavenged into sulfidic sediments (Erickson and 132 

Helz, 2000). Thiomolybdate is particle reactive and readily scavenged from the water column by 133 

protonated particle surfaces, either by the irreversible incorporation into Fe-Mo-sulfides (Helz et al., 134 

1996; Helz et al., 2014) or the adsorption onto sulfurized organic matter (Helz et al., 1996; Tribovillard 135 

et al., 2004; Chappaz et al., 2014; Dahl et al., 2017; Wagner et al., 2017), thereby retaining Mo in the 136 

sediment (Raiswell and Plant, 1980; Huerta-Diaz and Morse, 1992; Dellwig et al., 2002; Bostick et al., 137 

2003).  138 

 139 

3. Study area and description of sampling sites 140 



The Gulf of California is located in the Eastern Equatorial Pacific between Baja California and the 141 

Mexican mainland (Fig. 2). During late fall and early spring strong northwesterly winds transport surface 142 

water out of the Gulf, induce upwelling of nutrient-rich North Pacific Intermediate Water (NPIW), and 143 

high rates of primary production (Thunell et al., 1993; Thunell et al., 1994; Thunell, 1998). In summer 144 

the winds reverse to weak southeasterlies resulting in the in-flow of tropical surface water and 145 

subtropical subsurface water into the Gulf, which causes a decline of upwelling and primary production 146 

and higher terrigenous fluxes (Thunell et al., 1993). The average primary production is ~130 g C m-2 147 

yr-1 (Brumsack, 1989) and consists of biogenic silica (~ 64 %), carbonate (~ 19%), and organic carbon 148 

(~ 7%) (Thunell, 1998). The upwelling water masses are oxygen depleted and further oxygen is 149 

consumed by respiration of exported organic material. Consequently, the Gulf of California is 150 

characterized by an OMZ (< 2 µM O2) between about 500 and 1000 m water depth (Wyrtki, 1962; Bray, 151 

1988; Thunell, 1998).  152 

The Gulf of California is part of the East Pacific Rise spreading regime. Early continental rifting in the 153 

Guaymas basin within the central Gulf of California (Fig. 2a) has led to the formation of graben 154 

structures and of hydrothermal vent fields (Moore, 1973; e.g. Gieskes et al., 1982; von Damm et al., 155 

1985). Due to high sedimentation rates in the Guaymas basin of up to 3.5 m kyr-1 (Donegan and 156 

Schrader, 1982), the hydrothermal vent fields are hosted by several hundred meter thick organic-rich 157 

hemipelagic sediments (Calvert, 1966; von Damm et al., 1985; Berndt et al., 2016).  158 

The subject of this study are sediments from the Guaymas Basin, which is up to 2200 m deep, 240 km 159 

long and 60 km wide. Sediment fluxes within the Guaymas Basin are dominated by biogenic silica 160 

during the productive winter season and lithogenic material during the rainy summer season (Calvert, 161 

1966; Brumsack, 1989; Thunell, 1998). Sedimentation rates in the Guaymas Basin range from 0.4 to 3.5 162 

m kyr-1 (Donegan and Schrader, 1982). We investigate short sediment cores (< 40 cm depth) from three 163 

sites (Fig. 2 a-c; Table 1 in data repository), which were retrieved during R.V. Sonne cruise SO241 using 164 

a multiple corer device (MUC) (Table 1 in data repository). Core MUC9 was retrieved on the slope at 165 

667 m water depth, where anoxic conditions in the bottom water prevail (Fig. 2b). Sediments within the 166 

OMZ are laminated (Calvert, 1966) as a consequence of the general absence of bioturbating bottom-167 

fauna under oxygen-deficient conditions. Laminae reflect the seasonally changing input of mainly 168 



lithogenic or siliceous material. Average total organic carbon (TOC) concentrations are 3.32 ± 0.35 169 

wt-% (2SD). Core MUC3 was retrieved in the deep basin within a spreading-related graben at 2043 m 170 

water depth. MUC9 and MUC3 consist of hemipelagic sediment, i.e. fine-grained clay and silt with 171 

variable contributions of lithogenic and siliceous material from continental sources and from diatoms. 172 

At this graben site, weakly oxic conditions (~37 µM O2) prevail in the bottom water (Fig. 2c). Average 173 

TOC concentration are slightly lower than in the OMZ core reaching 2.89 ± 0.98 wt-% (2SD). Core 174 

MUC16 was retrieved at 1853 m water depth (Fig. 2c) within a recently discovered hydrothermal vent 175 

field (Berndt et al., 2016). The core consists of black smoker chimney debris and is heterogeneously 176 

mixed with hemipelagic sediment. It shows the lowest TOC concentrations of the three sites (1.69 ± 177 

1.18 wt-%, 2SD) and the bottom waters are weakly oxic (~25 µM). The three cores will be referred to 178 

as ‘OMZ core’, ‘graben core’ and ‘vent-related core’ in the following. 179 

 180 

4. Methods 181 

4.1. Sample preparation and element concentration measurements 182 

Sediment and pore water sampling was performed following descriptions by Scholz et al. (2011). MUCs 183 

were plugged after recovery and further handled in a cooled lab at approximate seafloor temperature. 184 

After bottom water had been removed with a plastic tube, the sediment core was subsampled in an argon-185 

filled glove bag. Sediment cores were cut into 1-4 cm slices, which were centrifuged to extract the pore 186 

water. The supernatant was filtered through cellulose acetate membrane filters with 0.2 µm pore size in 187 

a second argon-filled glove bag.  188 

An aliquot of filtered pore water was acidified using distilled concentrated HNO3 and stored in acid-189 

cleaned HDPE vials. Ferrous Fe and H2S concentrations in pore water were determined on unacidified 190 

samples after filtration by standard spectrophotometric techniques (Cline, 1969; Stookey, 1970). 191 

Molybdenum concentrations of bottom and pore waters were measured by isotope dilution using an 192 

enriched 95Mo spike. Analyses of Mo and Mn concentrations were conducted on an inductively coupled 193 

plasma mass spectrometer (ICP-MS) at GEOMAR in Kiel and reproducibility of repeated analyses was 194 

<4% 1 sigma relative standard deviation (RSD). External reproducibility of repeated measurements 195 

(n = 7) of the seawater samples CASS-5 (Nearshore Seawater; Canadian Research Council) and 196 



NASS-6 (Seawater; Canadian Research Council) was better than 5% (RSD). The measured Mo 197 

concentration was 99.3 ± 2.7 nM (certified value 102.1 nM) for CASS-5 and 102.8 ± 4.0 nM (certified 198 

value 103.1 nM) for NASS-6.  199 

Sediment samples were freeze-dried, powdered with an agate mill, and weighed into PFE vials. Total 200 

organic carbon (TOC) and total sulfur (TS) analyses of sediment samples were determined by flash 201 

combustion in a Carlo-Erba Element Analyzer (NA1500) and analytical precision for replicate analyses 202 

was about 1% (RSD). About 100 mg of sediment per sample was digested in a HF-HNO3-HClO4 acid 203 

mixture, and placed on a hotplate at 185°C over night. Digested samples were subsequently evaporated, 204 

re-dissolved in concentrated HNO3, placed on a hotplate at 130°C for 24 hours, again evaporated and 205 

finally re-dissolved in diluted HNO3. Major and trace element concentrations of dissolved sediment 206 

samples were determined via inductively coupled plasma optical emission spectrometry (ICP-OES, 207 

Varian 720-ES) and mass spectrometry (ICP-MS, Agilent Technologies 7500 Series) analyses. External 208 

reproducibility of reference standards SDO-1 (Devonian Ohio Shale, USGS), MESS-3 (Marine 209 

Sediment Reference Material, Canadian Research Council), PACS-3 (Marine Sediment Reference 210 

Material, Canadian Research Council), and BHVO-1 (Basalt, Hawaiian Volcanic Observatory, USGS) 211 

was <1% (RSD) for Al, Mn, and Fe and <5% (RSD) for Mo. Molybdenum concentrations are reported 212 

as authigenic Mo (Moauth), which excludes the lithogenic Mo fraction, calculated from the Al 213 

concentration and the Mo/Al ratio (Mo is given in ppm, Al in wt-%) of the lithogenic background 214 

((Mo/Al)UCC of 0.13 x 10-4, upper continental crust (UCC), Rudnick and Gao (2003)):  215 

Moauth = Mototal – (Mo/Al)UCC * Altotal 216 

 217 

4.2. Iron speciation 218 

A sequential extraction for the recovery of highly reactive Fe phases (Poulton and Canfield, 2005) was 219 

applied to the freeze-dried and ground sediment samples (see Scholz et al. (2019) for details). In brief, 220 

1) Na acetate extracts Fe-carbonate and –monosulfide, 2) A hydroxylamine-HCl mixture extracts 221 

low-crystalline Fe oxides, 3) Dithionite extracts high-crystalline Fe oxides, 4) Oxalate extracts 222 

magnetite, and 5) Chromous chloride distillation extracts pyrite Fe (FePy). In the following, the first four 223 

fractions are summarized as unpyritized reactive Fe (FeR). The sum of FeR and FePy is referred to as 224 



highly reactive Fe (FeHR). FePy/FeHR ratios are given in the data repository (FePy and FeHR concentrations 225 

are given in wt-%). Any remaining Fe fraction represents unreactive silicate Fe.  226 

 227 

4.3. Molybdenum isotope analyses 228 

The Mo purification procedure is based on the protocols of Siebert et al. (2001), Voegelin et al. (2009) 229 

and Wille et al. (2007). Prior to chemical separation, we added an adequate amount of 100Mo-97Mo 230 

double spike to the sediment and pore water samples in order to correct for any isotope fractionation 231 

during laboratory treatment and instrumental mass bias. Molybdenum was separated from the matrix 232 

and mass-interfering elements via ion exchange column chemistry using a column filled with 2 ml 233 

Biorad AG50W-X8 cation resin and washing and eluting with 0.5 M HCl, followed by a column filled 234 

with 1 ml Biorad AG1-X8 anion resin, washing with 4 M HCl and eluting with 2 M HNO3. Yields after 235 

column chemistry were typically >90 % and procedural blanks were < 2 ng Mo which contributes less 236 

than 1% of total Mo.  237 

Isotope analyses were carried out on a Nu Plasma MC-ICP-MS at the Isotope Geochemistry Labs at 238 

GEOMAR. Samples were introduced to the plasma ion source via a DSN-100 desolvating nebulizer 239 

system with an uptake rate of ~70 µl/min. Solutions had concentrations between 40 to 50 ng/ml and 240 

were measured at a signal of about 700 mV on 96Mo using 1011 Ω resistors. We measured sediment 241 

samples in 4 blocks of 10 cycles per sample with a 10 s signal integration time each. Solutions of pore 242 

water samples had concentrations of around 30 ng/ml and were measured in 3 blocks of 10 cycles per 243 

sample with a 10 s signal integration time. Molybdenum concentrations in pore water are significantly 244 

lower (few to several tens of ng/g) than in the sediment and while the total recovery of pore water 245 

samples can be several ml in the upper few cm of the core, it often did not exceed 2 ml further downcore, 246 

depending on the porosity. Tests with diluted seawater reference materials (δ98Mo of CASS-5: 2.04 ± 247 

0.17 ‰ (n=5), NASS-6: 2.06 ± 0.10 ‰ (n=5), IAPSO: 2.05 ± 0.10 ‰ (n=5)) showed that the 248 

reproducibility of measurement solutions below 20 ng/ml exceeded the 2SD of the respective reference 249 

material. Thus, we only analyzed pore water samples that allowed measurements at 30 ng/ml and 250 

decreased the measurement cycles to 30 without compromising the reproducibility or measurement 251 

statistics.  252 



Samples were measured relative to the Alfa Aesar Mo standard solution, Specpure #38791 (lot no. 253 

011895D), which allowed a long-term external reproducibility of ± 0.07 ‰ (2SD, n = 201). The 254 

international standard NIST-SRM-3134 was also measured repeatedly during each measurement session 255 

and is offset from the Alfa Aesar standard by +0.15 ± 0.08 ‰ (2SD, n = 46), which is in agreement with 256 

published values of Greber et al. (2012) and Nägler et al. (2014). Following Nägler et al. (2014), we 257 

present the results in the δ-notation relative to NIST-SRM-3134 with an offset of +0.25 ‰ and expressed 258 

in permil [‰]: 259 

𝛿𝛿98𝑀𝑀𝑀𝑀 [‰] =  �
𝑀𝑀𝑀𝑀 

98 𝑀𝑀𝑀𝑀 
95⁄ 𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠

𝑀𝑀𝑀𝑀 
98 𝑀𝑀𝑀𝑀 

95⁄ 𝑁𝑁𝑁𝑁𝑁𝑁𝑁𝑁−𝑆𝑆𝑆𝑆𝑆𝑆−3134
− 1�× 1000 + 0.25 260 

In order to determine a realistic long term reproducibility of a matrix sample, USGS rock reference 261 

material SDO-1 (Devonian Ohio Shale) was chemically processed and analyzed with each batch of 262 

samples. The external reproducibility is +1.03 ± 0.09 ‰ (2SD, n = 43), which is in agreement with 263 

values of Goldberg et al. (2013) and references therein.  264 

Reported authigenic δ98Mo data (δ98Moauth) are calculated from the authigenic fraction (Moauth), 265 

assuming that the lithogenic Mo fraction has an average isotope composition of +0.2 ‰ (δ98MoUCC) 266 

(Willbold and Elliott, 2017): 267 

𝛿𝛿98𝑀𝑀𝑀𝑀𝑎𝑎𝑎𝑎𝑎𝑎ℎ =
𝛿𝛿98𝑀𝑀𝑀𝑀𝑡𝑡𝑡𝑡𝑡𝑡𝑡𝑡𝑡𝑡 − ��1− 𝑀𝑀𝑀𝑀𝑎𝑎𝑎𝑎𝑎𝑎ℎ

𝑀𝑀𝑀𝑀𝑡𝑡𝑡𝑡𝑡𝑡𝑡𝑡𝑡𝑡
�× (𝛿𝛿98𝑀𝑀𝑀𝑀𝑈𝑈𝑈𝑈𝑈𝑈)�

𝑀𝑀𝑀𝑀𝑎𝑎𝑎𝑎𝑎𝑎ℎ
𝑀𝑀𝑀𝑀𝑡𝑡𝑡𝑡𝑡𝑡𝑡𝑡𝑡𝑡

 268 

 269 

5. Results 270 

5.1. Sediment and pore water concentrations of manganese, iron and sulfur 271 

In all analyzed samples of the OMZ core, pore water concentrations of Mn are below 2 µM and 272 

corresponding Mn/Al ratios of the sediment are ~0.005 (Mn and Al ratios are given in wt-%) (Fig. 3a, 273 

Table 2, data repository), which is depleted relative to the upper continental crust (0.01, UCC, Rudnick 274 

and Gao (2003)). In contrast, sediments of the weakly oxic graben core are characterized by elevated 275 

Mn/Al relative to UCC (from 0.02 to 0.96 maximum at the top) and pore water Mn concentrations range 276 

from 160 to 291 µM with the highest value at 7 cm core depth (Fig. 3b, Table 3, data repository). The 277 

pore waters of the vent-related core also reveal elevated Mn concentrations similar to the graben core of 278 



up to 79 µM in the uppermost cm and decrease down core to about 12 µM. Mn/Al ratios of the sediment 279 

range from 0.025 to 0.143 (Fig. 3c, Table 4, data repository) and are thus slightly enriched relative to 280 

the UCC value.  281 

In the OMZ core aqueous Fe concentrations increase from values <0.5 µM in the bottom water to 62 µM 282 

at 7 cm depth. Below this depth, aqueous Fe concentrations decrease again to values below 0.5 µM at 283 

22 cm depth (Fig. 3a), where aqueous H2S accumulates in the pore water, indicating that Fe is removed 284 

by reaction with sulfide. This is confirmed by the extent of pyritization (FePy/FeHR), which increases 285 

below this transition from ferruginous to sulfidic conditions in the pore water (Fig. 3a). In the graben 286 

core pore water Fe concentrations increase from values <0.5 µM between 0 and 5 cm depth to 10 µM at 287 

the bottom (Fig. 3b; Table 3, data repository). FePy/FeHR ratios increase at depths below 12 cm, 288 

coincident with decreasing aqueous Fe concentrations (Fig. 3b). Pore water samples of the vent-related 289 

core show the highest Fe concentrations of all three cores (up to 192 µM; Fig. 3c, Table 4, data 290 

repository). FePy/FeHR ratios do not show a systematic depth trend and Fe concentrations are up to one 291 

order of magnitude higher than concentrations within the OMZ and graben cores (Fig. 3a,b).  292 

 293 

5.2. Molybdenum concentration and isotope composition of the solid phase and the pore waters  294 

Bottom waters of all investigated sites show aqueous Mo concentrations (Tables 2-4, data repository) 295 

that are indistinguishable from average seawater concentrations (~110 nM, Collier, 1985). In the OMZ 296 

core Mo concentrations of the pore water reach 130 nM in the uppermost cm and then linearly decrease 297 

to values of 5 nM at 26.5 cm sediment depth, where H2S accumulated (Fig. 3a, Table 2, data repository). 298 

The graben core and the vent-related core are characterized by pronounced pore water Mo peaks in the 299 

uppermost 5 cm with maximum values of 282 and 241 nM, respectively (Fig. 3 b,c, Tables 3 and 4, data 300 

repository). These values are significantly higher than the average seawater concentration, which 301 

indicates a Mo source other than seawater. Below these maxima, Mo removal from pore water is 302 

reflected by decreasing concentrations to values of 47 nM and 57 nM at 30 and 13 cm depth, respectively 303 

(Fig. 3 b,c).  304 

Moauth concentrations of the OMZ core sediment samples are relatively uniform and range from 3.27 to 305 

8.54 µg g-1, with one outlier at 13 cm depth (Fig. 3a). In the graben core, Moauth concentrations show a 306 



decreasing trend and reach a minimum of 1.23 µg g-1 within the uppermost 6 cm. Below this depth, 307 

concentrations increase up to a maximum of 14.73 µg g-1 at 30 cm depth (Fig. 3b). In the vent-related 308 

core, Moauth concentrations overall increase from 8.9 to 33.2 µg g-1 with depth (Fig. 3 c). These 309 

concentration changes indicate different processes governing the Mo geochemistry depending on the 310 

depositional conditions.  311 

In the OMZ core, the δ98Moauth of the sediments ranges from +1.64 to +2.13 ‰ (Fig. 3a). An isotopic 312 

shift is observed at the depth where pyritization increases. Above this depth, the average δ98Moauth of the 313 

solid phase is +2.05 ± 0.11 ‰, whereas below it is +1.77 ± 0.20 ‰ (Fig. 3a). Measured pore water 314 

samples range from +0.74 to +1.50 ‰ and are all isotopically lighter than their corresponding sediment 315 

samples (Fig. 3a). In contrast, δ98Moauth signatures of the graben core sediments show a wide range and 316 

greater variability between -1.39 to +2.07 ‰ (Fig. 3b) likely due to contributions from Mn oxides. 317 

Corresponding pore water samples are characterized by overall isotopically heavier δ98Moauth values 318 

between +0.50 and +0.80 ‰ but are still lighter than at the OMZ site (Table 3, data repository). In the 319 

vent-related core, the sediments are characterized by δ98Moauth values between +1.65 and +2.20 ‰, 320 

except the uppermost cm, where a much lighter δ98Moauth value of -0.42 ‰ was measured. δ98Mo 321 

signatures of pore water samples increase from +0.69 at the top to +3.15 ‰ at the bottom of the core. 322 

These values are isotopically lighter than the corresponding sediment samples in the upper part of the 323 

core but isotopically heavier in the lower part of the core (Fig. 3c).  324 

 325 

6. Discussion 326 

6.1. Depositional and diagenetic processes controlling Mo geochemistry 327 

6.1.1. Sedimentary Mo cycling in the graben core 328 

The weakly oxic bottom water conditions at the graben site favor the precipitation of Mn oxides leading 329 

to elevated Mn/Al ratios relative to the continental crust background (avg. UCC of Mn/Al > 0.01, 330 

Rudnick and Gao (2003); Fig. 3b) at the core top. Within the upper 4 cm, this ratio decreases from 331 

around 1 to nearly 0 due to the reductive dissolution of Mn(VI)-oxides to aqueous Mn(II), which then 332 

accumulates in the pore waters (Fig. 3b; Table 3, data repository) (Froelich et al., 1979; Burdige, 1993). 333 

Aqueous Mn(II) can in turn diffuse upwards and be re-oxidized and precipitated, thus increasing the 334 



Mn/Al ratio in the upper few cm of the core (Burdige, 1993). Since early diagenesis in the graben core 335 

is dominated by Mn cycling, we apply these data to investigate Mo cycling under manganous conditions.  336 

Mn oxides effectively adsorb oxymolybdate (𝑀𝑀𝑀𝑀(𝑉𝑉𝑉𝑉)𝑂𝑂42−) from the ambient seawater (Shimmield and 337 

Price, 1986) with an equilibrium fractionation factor of about -3 ‰ relative to seawater (Siebert et al., 338 

2003; Barling and Anbar, 2004; Tossell, 2005; McManus et al., 2006; Wasylenki et al., 2008; 339 

Kashiwabara et al., 2011; Wasylenki et al., 2011). Based on previous findings, we suggest that the 340 

transport of Mo in the sediment in oxic settings is dominated by adsorption to Mn oxides and therefore 341 

the resulting sedimentary Moauth isotope composition is expected to be light relative to seawater (e.g. 342 

Siebert et al., 2006; Poulson-Brucker et al., 2009; Wasylenki et al., 2011; Goldberg et al., 2012; Scholz 343 

et al., 2018), consistent with the observations throughout the core (Fig. 3b; Table 3, data repository). 344 

Sedimentary Moauth concentrations decrease in the upper 4 cm of the graben core due to dissolution of 345 

Mn oxides and reach their lowest abundances coinciding with the highest concentrations of aqueous Mn 346 

in the pore water between 5 and 12 cm depth. At the same depth, pore water Mo concentrations reach 347 

their maximum values. Solid phase Moauth isotope values are markedly low (up to -1.39 ‰) in this 348 

section of the core, indicating that heavy Mo isotopes are preferentially released into the pore water 349 

during dissolution of Mn oxides, which is supported by the, relatively, heavy isotope composition of the 350 

pore water Mo (+0.50 to 0.80 ‰). The data also indicate that this is a non-equilibrium fractionation 351 

process due to the complex early diagenetic reactions. A similar observation was made by Reitz et al. 352 

(2007), who found that the δ98Mo signatures of Mediterranean sapropels are lighter than those of 353 

hydrogenetic ferromanganese Mn-crusts, which they attributed to repeated dissolution and 354 

re-precipitation of Mn oxides.  355 

The highest δ98Moauth values are observed at the core top (up to +2.07 ‰). Downward diffusion of 356 

isotopically heavy Mo from the bottom water and quantitative precipitation within the sediment can be 357 

excluded since the Mo concentration gradient in the pore water between 2 cm and 15 cm is indicative 358 

of upward rather than downward transport in the upper part of the core. Therefore, a more likely 359 

explanation is upward diffusion and precipitation of Mo from Mn oxide dissolution. However, the pore 360 

waters have an isotope composition intermediate between the solid phase δ98Moauth values observed 361 

within the zone of Mn oxide dissolution and re-precipitation (+0.50 to 0.80 ‰). This observation 362 



suggests that additional fractionation mechanisms have to be invoked to explain the heavy Mo isotope 363 

composition of +2.07 ‰ in the uppermost cm. The δ98MoPW signatures are relatively constant over a 364 

broad concentration range. We observe a positive correlation (R2 = 0.73) between the δ98Mo values of 365 

pore water and sediment in the graben core (Fig. 4a). A similar observation was made by Scholz et al. 366 

(2018) in sediments from the Baltic Sea, where large amounts of Mo are released into the pore water 367 

from Mn oxides, which had precipitated during oxygenation events in an otherwise anoxic and sulfidic 368 

water column. Following their interpretation, we suggest that the δ98Mo of pore waters is buffered by 369 

isotopic exchange with an adjacent solid phase pool. Due to the low concentration of Mo in the pore 370 

waters relative to the solid phase, any exchange with the solid phase will dominate the pore water Mo 371 

isotope composition.  372 

With increasing pyritization of reactive Fe in the lower part of the core (between 12 and 32 cm, Table 3 373 

in the data repository), Mo is quantitatively removed from the pore water and concentrations in the 374 

sedimentary solid phase increase (Fig. 3b). In this core, Mo removal takes place in the apparent absence 375 

of dissolved H2S in the pore water, as any produced H2S probably reacted with reactive Fe minerals or 376 

pore water Fe to Fe sulfide minerals and does not accumulate in the pore water (Canfield et al., 1992). 377 

The Moauth isotope composition becomes increasingly heavier down core, reaching isotopically heavy 378 

δ98Moauth values of up to +1.34 ‰ at the lower end of the core (Fig. 3b). This δ98Moauth value is 379 

isotopically heavier than the concentration-weighted average δ98Mo signature of the core (+0.51 ‰). 380 

This pronounced difference between the lightest value of -1.39 ‰ in the middle section of the core and 381 

the heavy +1.34 ‰ at the base of the core argues for a separation of heavy and light Mo isotopes within 382 

the manganous zone. Repeated dissolution and reprecipitation of Mn oxides seems to retain isotopically 383 

light Mo within the surface sediments whereas isotopically heavy Mo is buried presumably associated 384 

with Fe-sulfides. Transformation of molybdate to (intermediate) thiomolybdate may also occur in the 385 

lower sediment core section, but this process is unlikely to account for the Mo isotope composition 386 

recorded within the deeper sediment, since this process would generate a shift towards lighter δ98Moauth 387 

values in the solid phase. Instead, we propose that shallow Mn recycling preferentially retains the light 388 

Moauth isotopes in the reactive surface sediments, whereas the buried Moauth has a heavy Moauth isotope 389 

composition compared to the Mo originally delivered with Mn oxides.  390 



 391 

6.1.2. Sedimentary Mo cycling in the OMZ core 392 

The low concentrations of aqueous Mn in the pore water of the OMZ core and depleted sedimentary 393 

Mn/Al ratios relative to the UCC (Mn/Al < 0.01; Fig. 3a) imply reduction and dissolution of Mn oxides 394 

in the water column, preventing the sedimentation of Mn oxides (Johnson et al., 1992; Johnson et al., 395 

1996). Thus, while the graben core is dominated by manganous conditions, Mn cycling is negligible in 396 

the OMZ core (Fig. 3a,b). Instead, ferruginous and sulfidic conditions prevail as indicated by elevated 397 

Fe and H2S concentrations, at 0 cm to 19 cm and 19 to 40 cm, respectively (Fig. 3a). This pore water 398 

geochemical regime is indicative of more reducing conditions in the sediments compared to the graben 399 

core. Iron is released to the pore water during reductive dissolution of Fe oxides and re-precipitates as 400 

Fe-sulfide (FePy) at the transition from ferruginous to sulfidic conditions (ca. 19 cm). These diagenetic 401 

conditions are different compared to the graben core and are reflected by differences in the mode of Mo 402 

cycling. In contrast to the isotopically light compositions in the upper 12 cm of the graben core, δ98Moauth 403 

signatures in the upper 14 cm of the OMZ core are relatively heavy (+2.05 ± 0.11 ‰) and thus close to 404 

the seawater signature of +2.34 ‰ (Barling et al., 2001; Siebert et al., 2003; Nakagawa et al., 2012). 405 

The pore water Mo profile is almost linear and decreases from seawater-like concentrations at the top 406 

to 5 nM at 26 cm depth. The lack of a pronounced Mo peak in the pore water suggests that Mo delivery 407 

with and release from solid particles (e.g., Mn oxides) is less important than for the graben core. This 408 

assumption is consistent with the interpretation that Mn oxides are already dissolved in the water 409 

column. We propose that the heavy Mo isotope composition observed can be explained by diffusive 410 

transport of Mo into the sediment. Such a diffusional influx can be calculated by Fick’s first law of 411 

diffusion: 412 

𝐽𝐽 = −𝜙𝜙 ∙ 𝐷𝐷𝑠𝑠𝑠𝑠𝑠𝑠 ∙
𝜕𝜕𝜕𝜕
𝜕𝜕𝜕𝜕

 . 413 

Here, 𝐽𝐽 is the diffusive flux, which is proportional to the Mo concentration depth gradient 𝜕𝜕𝜕𝜕
𝜕𝜕𝜕𝜕

 (in nM cm-414 

1). The porosity is 𝜙𝜙 and 𝐷𝐷𝑠𝑠𝑠𝑠𝑠𝑠  is the diffusion coefficient of Mo in sediment pore water, which was 415 

derived by adjusting the diffusion coefficient to ambient temperature (6.6 °C), salinity (35), and pressure 416 

using the Stokes-Einstein equation as well as by correcting for tortuosity according to Boudreau (1996). 417 



The pore water profile of aqueous Mo shows a 𝜕𝜕𝜕𝜕
𝜕𝜕𝜕𝜕

 gradient of -4.24 nM cm-1 (calculated from 0.5 to 27 418 

cm sediment depth; Table 2, data repository). For an average porosity of 0.92, the calculated Mo flux 419 

into the sediment by diffusion from the bottom water is 0.55 nmol cm-2 yr-1. This value can be compared 420 

to the total Mo accumulation rate in the sediment, which is calculated as the product of the average 421 

Moauth concentration of the solid phase (5.28 µg g-1) and the mass accumulation rate (MAR; g cm-2 yr-1). 422 

The mass accumulation rate was estimated from the sedimentation rate (SR = 120 cm kyr-1; approximate 423 

value from Donegan and Schrader (1982)), dry bulk density (𝜑𝜑 = 2.4 g cm-3; Dean et al. (2004)) and 424 

porosity at the lower end of the core (Φ∞ = 0.92) 425 

𝑀𝑀𝑀𝑀𝑀𝑀 = 𝑆𝑆𝑆𝑆 ∙ 𝜑𝜑(1− 𝛷𝛷∞). 426 

This results in a Mo mass accumulation rate of 2.06 nmol cm-2 yr-1, which is higher than the calculated 427 

diffusion-controlled Mo flux above (0.55 nmol cm-2 yr-1). Nevertheless, Mo diffusion from the bottom 428 

water is clearly an important factor contributing to Mo accumulation and the relatively heavy Mo isotope 429 

composition at the OMZ site. 430 

We note that diffusive Mo delivery is expected to take effect at and below the depth of Mo depletion in 431 

the pore water (27 cm). Moreover, the Moauth isotope compositions in the upper 14 cm of the core are 432 

slightly lighter than seawater (average of +2.05 ‰). Taking into account our pore water data for this 433 

core, we observe that in the uppermost 2 cm of the core the aqueous Mo concentrations are higher (130 434 

nM) than in the overlying bottom water (106 nM), before they decrease continuously down core. This 435 

indicates an additional source of Mo at the time of sampling, likely release of Mo from particulate matter 436 

at the core top. Since the Mo enrichment in the pore water coincides with an increase in dissolved Fe, 437 

we hypothesize that Mo is released from Fe-(oxyhydr)oxides. Scholz et al. (2017) suggested that Mo 438 

delivery with Fe oxides may be typical for OMZ environments, where Mn oxides are partly dissolved 439 

in the water column. As a likely explanation for the observed features in this core we propose that 440 

particulate Mo supply dominates during the summer season when sedimentation in the Gulf of California 441 

is dominated by terrigenous input (Thunell et al., 1993). In contrast, diffusion from bottom water is 442 

likely dominant during the productive winter season when terrigenous sedimentation and thus 443 

particulate Mo supply is at its minimum. 444 



Adsorption of Mo to Fe oxides involves an isotope equilibrium fractionation resulting in Δ98Mosolution-Fe-445 

oxides ranging from +0.83 to +2.19 ‰, where fractionation increases with the crystallinity of the Fe oxides 446 

(Goldberg et al., 2009). A particulate Mo source in the form of ferrihydrite would explain the pore water 447 

Mo concentrations higher than seawater in the core top and the release of isotopically light Mo into the 448 

pore water (+1.07 and +1.50 ‰) in the ferruginous zone after the deposition (Fig. 3a). The solid phase 449 

shows a heavier (seawater-like) average Mo isotope composition of +2.05 ± 0.11 ‰ in the ferruginous 450 

zone (0 to 14 cm). This indicates that in contrast to the graben site, heavy isotopes are preferentially 451 

incorporated in the solid phase, while light isotopes remain in the pore water, likely because Mn-cycling 452 

in these sediment is insignificant. Our mass-balance calculations are based on the Mo mass accumulation 453 

rate and the diffusion-controlled Mo flux. The calculation of a mixed source of ferrihydrite (~60 %; 454 

δ98Mo of +1.51 ‰) and seawater (~40 %; δ98Mo of +2.34 ‰) yields a Mo isotope composition of about 455 

+1.86 ‰, which agrees with the average signature of +1.77 ± 0.20 ‰ measured at a depth between 14 456 

to 40 cm of the OMZ site (Fig. 3a). The shift of δ98Moauth to lighter values coincides with the onset of 457 

pyrite/sulfide precipitation (16 cm; Fig. 3a). The isotope composition then remains relatively constant 458 

further down core, even with the increasing accumulation of aqueous H2S in the pore waters below 19 459 

cm depth (Fig. 3a). The accumulation of aqueous H2S coincides with the near-quantitative removal of 460 

aqueous Mo and the increase of solid phase Moauth, which is closely coupled to the extent of pyritization 461 

(Fig. 3 a). Interestingly, the shift to lighter δ98Moauth signatures and the precipitation of pyrite is observed 462 

at 15-19 cm and thus slightly above the complete removal of pore water Mo and the accumulation of 463 

pore water H2S (Fig. 3a). This might be explained by a sulfidation-induced speciation change of 464 

molybdate or Mo adsorption to or sequestration into pyrite (Helz et al., 1996; Erickson and Helz, 2000; 465 

Poulson-Brucker et al., 2012). Any H2S generated by bacterial sulfate reduction at this depth (15 to 17.5 466 

cm) is likely removed through precipitation of Fe sulfide minerals from pore water Fe and reactive Fe 467 

minerals (Canfield et al., 1992) and is thus not accumulated in the pore water yet.  468 

 469 

6.1.3. Sedimentary Mo cycling in the vent-related core 470 

The vent-related core consists of black smoker debris, which is a heterogeneous mix of metal-rich oxide 471 

and sulfide (pyrrhotin, pyrite, Zn- and Cu-sulfides) minerals (Francheteau et al., 1979; Fig. 3c; e.g. Alt 472 



et al., 1987; Berndt et al., 2016). The overlying bottom waters are weakly oxic, similar to the location 473 

of the graben core described above. Below the hemipelagic surface layer, elevated aqueous Mn 474 

concentrations indicate reductive dissolution of Mn oxides coupled to upward diffusion and 475 

re-precipitation. Aqueous Mn concentrations are tightly coupled to aqueous Mo concentrations as visible 476 

in Fig. 3c, indicating that Mo is released into the pore waters from dissolving Mn oxides. Consistent 477 

with this notion, the pore water and solid phase of the uppermost sample show the lightest δ98Moauth 478 

signatures of the core.  479 

Below the surface layer, ferruginous conditions prevail and Moauth concentrations in the solid phase 480 

generally increase with depth. We observe a marked correlation between Moauth and Zn concentrations 481 

in the solid phase (R2 = 0.89) (Fig. 4b), which indicates that Moauth was incorporated into the solid phase 482 

during the formation of the original vent edifices (Trefry et al., 1994; Metz and Trefry, 2000; Seyfried 483 

et al., 2004). Based on mineral assemblages and direct measurements, the formation temperature of these 484 

vents (i.e. the temperature of the hydrothermal fluid end member) was estimated to be around 300 °C 485 

(Kastner, 1982; von Damm et al., 1985; Zierenberg et al., 1994; Berndt et al., 2016). In this temperature 486 

range, Mo is effectively scavenged by vent-minerals from the ambient vent fluid in the presence of 487 

sulfide and precipitates as a high-T sulfide phase (Metz and Trefry, 2000; Seyfried et al., 2004). 488 

Molybdenum fixation probably takes place with little isotope fractionation due to the high temperatures 489 

prevailing. The heavy Moauth isotope composition of the sediment in the core (+1.94 ± 0.34 ‰) may 490 

imply that the main Mo source of the vent fluid is seawater. The slight shift towards lighter Moauth 491 

isotope compositions than that of seawater can be explained by fluid-sediment interactions during 492 

transport of the hydrothermal fluid through the black smoker chimney and sediments, e.g. sulfidation-493 

induced speciation changes (McManus et al., 2002; Tribovillard et al., 2004; Nägler et al., 2011). To 494 

summarize, we suggest that only the uppermost layer of the core does show a strong diagenetic signal 495 

and that the Mo isotope composition close to seawater in the lower part of the core is “inherited” from 496 

the original smoker material that forms the debris. Nevertheless, this interpretation does not explain the 497 

very heavy pore water Mo isotope compositions in the lower part of the core. Secondary diagenetic 498 

processes might lead to a preferential incorporation of light Mo from the pore water into the solid phase 499 



here. However, we do not have enough pore water isotope data to conclusively interpret this particular 500 

feature. 501 

 502 

6.2. Comparison of Mo systematics in anoxic continental margin sediments of the Guaymas Basin and 503 

the Peruvian margin 504 

The systematic differences in Mo geochemistry and Mo isotope behavior observed in the investigated 505 

cores show that the sedimentary composition is strongly controlled by (1) the transport mechanisms of 506 

Mo from the overlying bottom water to the sediment and (2) subsequent interaction of the solid phase 507 

with the ambient pore water. Molybdenum delivered to the sediment via diffusion from the bottom 508 

waters results in an isotopically heavy composition of the solid phase close to seawater. Pore water 509 

concentrations are close to the bottom water/seawater concentration (~100-110 nM) and gradually 510 

decrease downcore (Fig. 3a). The diffusive transport implied by such a pore water profile influences the 511 

δ98Mo signature of the Guaymas OMZ core. On the other hand, Mo transport to the sediment by 512 

adsorption onto particulate matter, e.g. Mn and Fe oxides with a variably light Mo isotopic composition 513 

and release during reductive dissolution of these particulate phases in the sediment results in light 514 

isotopic compositions of the solid phase (Fig. 3b,c). Particulate Mo supply can be identified by higher 515 

Mo concentrations in pore waters compared to the bottom waters and dominates the graben core as well 516 

as, to a lesser extent, the vent-related core. Following these initial supply mechanisms, Mo is 517 

incorporated into Fe-sulfides, which is likely accompanied by isotopic fractionation due to 518 

non-quantitative sequestration of Mo (e.g. Tossell, 2005; Goldberg et al., 2009; Kerl et al., 2017).  519 

In contrast to the heavy Mo isotope composition observed in the OMZ core of the Guaymas Basin, 520 

sediment samples from the OMZ along the Peruvian margin (<300 m water depth) (Scholz et al., 2011), 521 

show lighter δ98Moauth signatures and higher Moauth concentrations (Fig. 4c) (Scholz et al., 2017). 522 

Samples from the Peruvian margin were shown to be dominated by particulate Mo transport to the 523 

sediment, presumably via Fe oxides (Scholz et al., 2017). The δ98Moauth of Peru margin sediments (+1.32 524 

± 0.17 ‰) is similar to the lower end of the particle-dominated Guaymas graben core (+1.34 ‰) and 525 

significantly lighter than the diffusion-dominated Guaymas OMZ core (+1.93 ± 0.32 ‰). Pore waters 526 

in the uppermost ca. 15 cm of Peruvian shelf sediments have aqueous Mo concentrations >110 nM 527 



(Scholz et al., 2017), similar to the particle-dominated graben core in the Guaymas Basin. As a result of 528 

the particle based transport mechanism, Mo accumulation rates in Peruvian shelf sediments are 529 

significantly higher (16.2 nmol cm-2 yr-1 (Scholz et al., 2011)) than in sediments within the Guaymas 530 

Basin OMZ (2.06 nmol cm-2 yr-1) (Fig. 5). These observations imply that the Moauth isotope composition 531 

of sediments deposited in anoxic bottom waters is generally dependent on conditions that induce either 532 

particle-dominated or diffusion-influenced Mo supply (Fig. 5).  533 

These fundamentally different modes of Mo delivery in continental margin settings result from distinct 534 

environmental and depositional conditions. The Peruvian OMZ is located between <50 to about 500 m 535 

water depth (Scholz et al., 2011). The average primary production off Peru is about 350 g C m-2 yr-1 536 

(Muller and Suess, 1979) and a large fraction of the organic material exported reaches the surface 537 

sediments (TOC accumulation rates on the shelf range from 30-60 g C m-2 yr-1) (Scholz et al., 2011; 538 

Dale et al., 2015). The high organic matter flux along the Peruvian shelf combined with sluggish 539 

ventilation induces a strongly reducing environment due to high rates of anaerobic respiration. This is 540 

reflected by intense denitrification in the Peruvian OMZ (Lam et al., 2009b; Thamdrup et al., 2012), and 541 

the episodic occurrence of hydrogen sulfide in the bottom water (Schunck et al., 2013; Scholz et al., 542 

2016). Scholz et al. (2017) proposed that repeated cycles of reduced Fe oxide dissolution in the surface 543 

sediment, sedimentary Fe release and re-precipitation in the bottom waters provide a highly efficient 544 

transport mechanism of particle-bound Mo to the sediment explaining high Mo accumulation rates (Fig. 545 

5). Adsorption to and transport of isotopically light Mo with organic matter may represent another 546 

particulate Mo-shuttle to the sediment (Tribovillard et al., 2004; Ho et al., 2018; King et al., 2018). Such 547 

a scenario would be consistent with Mo-TOC covariation in the sediment (Figure 6a). On the other hand 548 

high rates of organic carbon accumulation drive intense bacterial sulfate reduction (Bohlen et al., 2012) 549 

and Mo fixation in the sediment with hydrogen sulfide. Therefore, Mo-TOC co-variation would also be 550 

indirect, which is supported by the co-variation of total organic carbon (TOC), total sulfur (TS) and Mo 551 

concentrations in OMZ sediments of the Peruvian margin and the Guaymas Basin (Fig. 6a-c).  552 

The Gulf of California OMZ is located at about 500 to 1000 m water depth (Wyrtki, 1962; Bray, 1988; 553 

Thunell, 1998) and is therefore significantly deeper than the Peruvian OMZ (Fig. 5). The average 554 

primary production is lower than above the Peruvian shelf, at about 130 g C m-2 yr-1 (Brumsack, 1989) 555 



and a larger fraction of the organic material exported is re-mineralized in the water column prior to 556 

deposition at the seafloor (TOC accumulation rates are of the order of 5.6 g C m-2 yr-1 based on an 557 

average TOC content of 3.3 wt-% and the MARs used in section 6.1.2). Sinking organic matter 558 

originating from shallower depths is probably mostly degraded in the oxygenated water column before 559 

deposition on the seafloor underneath the deeper OMZ. Furthermore, due to the steeper slope topography 560 

underneath the Guaymas Basin OMZ, Fe released from the sediment is mainly transported downslope 561 

and into the basin rather than being repeatedly recycled at the same site (Scholz et al., 2019). It is thus 562 

unlikely that multiple cycles of Fe dissolution in the sediment and re-precipitation in the bottom water 563 

accelerate Mo accumulation. Thus, although Mo supply via particulate matter is the dominant process 564 

in the Guaymas Basin OMZ, diffusion from the bottom water contributes significantly to the overall Mo 565 

mass accumulation rate. The relatively low TOC content in the sediment also limits sulfide production 566 

thus leading to Mo removal at greater sediment depth. Therefore, the retention of the Mo supplied by 567 

particulate matter is less efficient compared to the Peruvian OMZ resulting in an overall lower Mo mass 568 

accumulation rate (Fig. 6).  569 

 570 

6.3. Implications for the applications of the Mo isotope redox proxy in marine anoxic settings 571 

A wide range of δ98Mo signatures that have been observed in open-marine anoxic settings (anoxic 572 

“OMZ” sediments in Fig. 7) in previous studies (McManus et al., 2006; Poulson et al., 2006; Siebert et 573 

al., 2006; Poulson-Brucker et al., 2009). Our findings for modern, well constrained marine settings 574 

suggest that this variability can be explained by different supply mechanisms of Mo to the sediment. In 575 

these previous studies light Mo isotope compositions were attributed to isotope fractionation on Mn-Fe 576 

oxides (Poulson et al., 2006; Siebert et al., 2006) while heavier Mo isotope compositions were attributed 577 

to fractionation processes associated with sedimentary sulfide formation (Poulson et al., 2006; Siebert 578 

et al., 2006; Poulson-Brucker et al., 2009). Furthermore, McManus et al. (2006) and Siebert et al. (2006) 579 

suggested that Mo accumulation is indirectly coupled to organic carbon burial, which drives sedimentary 580 

sulfate reduction. Our new findings in combination with those of Scholz et al. (2017) complement these 581 

earlier studies and add distinctive Mo isotope compositions associated with transport mechanisms of 582 

Mo to the sediment. We can demonstrate that a shallow OMZ with high rates of organic carbon 583 



accumulation such as the Peruvian OMZ promotes intense particulate Mo supply with a light isotope 584 

composition, as well as efficient sedimentary Mo fixation with hydrogen sulfide. In contrast, 585 

significantly lower particulate Mo supply in a deeper and steeper slope environment favors diffusive 586 

Mo supply to the sediments originating from the overlying bottom water. This improved understanding 587 

of Mo cycling in open-marine anoxic environments is important for the interpretation of Mo contents 588 

and isotope compositions of paleo-records. On a local scale, the Mo isotope composition of the 589 

sediments is known to be affected by early diagenetic processes, such as Mo release from and re-590 

adsorption to Mn oxides (Reitz et al., 2007 and this study). In this context, a recent study by Kurzweil 591 

et al. (2016) shows a Mo isotope data set implying that a Mn oxide shuttling may have been operating 592 

even before the Great oxidation event. As shown in our study, the deposition of particulate material 593 

other than Mn oxides, also significantly contributes to Mo accumulation and the sedimentary Mo isotope 594 

composition in anoxic open-marine settings (Fig. 7). A change in the mode of Mo delivery may result 595 

in a wide range of Mo contents and isotope compositions within the same core (Figs. 1, 3a, 3c). This 596 

means that paleo-records with variable Mo concentrations and isotope signatures do not necessarily 597 

imply major redox-changes such as a transition from oxic to euxinic conditions in the water-column but 598 

may rather reflect changes in the mode of Mo delivery. This means that other lithological and 599 

geochemical information has to be combined with the Mo redox proxy to obtain realistic interpretations. 600 

It also means that future mass balance modelling of the different Mo reservoirs, sources and sinks on a 601 

global scale needs to consider the effects of particulate versus diffusive Mo delivery. 602 

 603 

7. Summary and conclusions  604 

In this study, we investigated three sites in the Guaymas Basin, Gulf of California, which differ in their 605 

depositional environment and redox conditions. Molybdenum concentrations and isotope compositions 606 

of solids and pore waters of these sites reflect distinct supply mechanisms of Mo to the sediment: 607 

• Sediments from the OMZ show evidence of Mo supply via two mechanisms, Fe-oxide particulates 608 

and diffusion from bottom water. 609 

• Sediments from the oxic graben site reflect Mo supply via Mn oxide particulates. 610 



• Sediments near a hydrothermal vent field are mainly affected by Mo removal from seawater with Fe-611 

Zn-Cu-sulfides at high temperatures. 612 

Dissolution and precipitation processes during early sediment diagenesis further affect the content and 613 

isotopic composition of Mo. Reductive dissolution and re-precipitation of Mn oxides within the surface 614 

sediments preferentially recycles the light Mo isotopes thus generating a burial flux that is isotopically 615 

heavier than the Mo supplied by Mn oxides. In contrast, incomplete Mo sequestration by sulfide phases 616 

generates a shift towards lighter Mo isotope values compared to the Mo originally delivered by solid 617 

particles or via diffusion. In summary, our data imply that paleo-records showing heavy (seawater-like) 618 

δ98Mo signatures and low Mo contents reflect a Mo supply that is influenced by diffusion from overlying 619 

bottom waters to the sediments. In contrast, lighter δ98Mo signatures and generally higher but variable 620 

Mo contents (Fig. 7) reflect Mo supply with particulate matter. High TOC rain rates drive intense sulfide 621 

production in the sediment thus favoring Mo fixation and burial over Mo recycling. In settings with high 622 

particulate Mo supply, the balance between Mo delivery and burial versus recycling determines the Mo 623 

concentration and isotope composition recorded in the sedimentary archive. We propose that the 624 

concepts outlined in our study are applicable to interpret the Mo isotope variability in the paleo-record 625 

of open-marine systems in terms of environmental conditions and changes.  626 
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 909 

Figures 910 

Figure 1: Overview of the Mo isotope redox proxy prevailing under different environmental conditions 911 

with typical isotopic ranges in different redox environments (after Poulson-Brucker et al. (2009), 912 

Poulson-Brucker et al. (2012), and Siebert et al. (2003)). Black bar of “Anoxic OMZ sediments” reflects 913 

the range of Mo isotope data collected along anoxic open ocean sinks, which show an average δ98Mo 914 

signature of about +1.6 ‰ (grey box). 915 

 916 

Figure 2: Schematic overview of the Guaymas Basin in the Gulf of California, sample locations and 917 

depositional settings. a) Bathymetry of the Guaymas Basin and sampling locations along cross sections. 918 

b) Cross section along the slope and location of MUC9 inside the OMZ (“OMZ core”). c) Section along 919 

the graben and hydrothermal vent field with weakly oxic bottom water and location of MUC3 (“Graben 920 

core”) and MUC16 (“Vent-related core”). 921 

 922 

Figure 3: Geochemical profiles of the solid phase and pore waters obtained from sediment cores of the 923 

Guaymas Basin (Gulf of California). The first column shows concentrations of dissolved Mn, Fe and 924 

H2S in the pore water. The second column shows Mn/Al ratios (dashed line indicates the Mn/Al ratio of 925 

the continental background (UCC)) as well as the degree of pyritization (FePy/FeHR). Mn, Al, FePy, and 926 

FeHR concentrations are all given in wt-%. The third and fourth columns show the Mo content and δ98Mo 927 

of the pore water as well as Moauth content δ98Moauth of the solid phase, respectively. The Mo content 928 

and δ98Mo of the average continental background (UCC) and of the global seawater are shown as solid 929 

grey lines. Redox conditions (manganous, ferruginous, sulfidic) are indicated by color-coded boxes on 930 

the right side.  931 

 932 



Figure 4: a) Cross plot of Mo isotope compositions in pore water (δ98MoPW) and authigenic Mo in the 933 

solid phase (δ98Moauth) in MUC 9 (OMZ core), MUC 3 (graben core) and MUC 16 (vent-related core). 934 

b) Cross plot of authigenic Mo and Zn in the solid phase of MUC16. c) Cross plot of authigenic Mo and 935 

its isotopic composition in the solid phase of samples from the Guaymas Basin (this study) and from the 936 

Peruvian margin OMZ and corresponding sample depth (Scholz et al. 2017). Solid black line shows the 937 

δ98Mo of global seawater.  938 

 939 

Figure 5: Simplified model of supply mechanisms of Mo into OMZ settings of the Peruvian shelf and 940 

the Guaymas slope (this study). Inserted boxes show a schematic pore water profile of aqueous Mo and 941 

the respective geochemical processes. The black arrow indicates the dissolved Mo concentration of 942 

seawater (~110 nM). a) High organic matter flux to the sediment and shallow depth of the OMZ along 943 

the Peruvian shelf induce active redox cycling in the shelf environment. Continuous Fe oxide 944 

dissolution, re-oxidation and precipitation above the sediment-water interface represent an effective Mo 945 

shuttle from the bottom water to the sediment. Due to bacterial sulfate reduction, Mo is scavenged by 946 

hydrogen sulfide from the pore water and incorporated into sulfides. This effective mechanism of Mo 947 

fixation and burial leads to high Mo mass accumulation rates. b) In the Guaymas Basin, the organic 948 

matter flux is lower and most of the exported organic material is remineralised before deposition at the 949 

seafloor within the deeper OMZ. Because of the steep slope topography, Fe oxides are transported 950 

downslope rather than repeatedly recycled between the sediments and the bottom water at the same site. 951 

Therefore, particulate Mo supply is less pronounced compared to the Peruvian shelf and Mo diffusion 952 

from bottom water plays an important role, which results in a lower Mo mass accumulation rate.  953 

 954 

Figure 6: Concentration cross plots of a) authigenic Mo (Moauth) vs. total organic carbon (TOC), b) total 955 

sulfur (TS) vs. TOC and c) Moauth vs. TS (data of Peru margin sediments from Scholz et al. (2017)). 956 

 957 

Figure 7: Revised overview of the Mo isotope redox proxy. The Mo supply mechanisms are an important 958 

factor for the finally deposited isotope composition, which is demonstrated by opposing δ98Mo trends 959 

in the Gulf of California (this study) and at the Peruvian margin (Scholz et al., 2017). 960 
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Table 1 Location and water depth of sediment sampling stations     
            

Station # Code Device Coordinates Water depth Remarks 
        [m]   

29 MUC9 Multipl
e Corer 

27° 42.410' N  
111° 13.656' W 667 

"OMZ core" 
< 2 µM O2 in BW 

TOC: 3.32 ± 0.35 (2SD) wt-% 

16 MUC3 Multipl
e Corer 

27° 23.827' N  
111° 25.923' W 2043 

"Graben core" 
(~37 µM O2 in BW) 

TOC: 2.89 ± 0.98 (2SD) wt-%   

66 MUC1
6 

Multipl
e Corer 

27° 24.577' N  
111° 23.265' W 1853 

"Vent-related core" 
(~25 µM O2 in BW) 

TOC: 1.69 ± 1.18 (2SD) wt-% 
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 Table 2 Elemental and Mo isotope composition of sediment and porewater profiles of MUC9                 
                                  

    Solid phase   Porewater 
Sediment depth   Al Mn Fe FePy/FeHR Mo Moauth δ98Mo δ98Moauth TOC   Mn Fe H2S Mo δ98Mo 

[cm]   [wt-%] [wt-%] [wt-%] [wt-%] [µg/g] [µg/g] [‰] [‰] [wt-%]   [µM] [µM] [µM] [nM] [‰] 
bottom water                       0.050 0.418 

below 
detection 

limit 

106   
0 - 1   3.51 0.02 1.73 0.15 4.13 3.49 1.73 1.99 2.79   0.630 2.807 130 1.07 
1 - 2   4.66 0.02 2.24 0.09 5.37 4.53 1.79 2.07 3.12   1.008 29.99 121   
2 - 3   4.89 0.02 2.28 0.11 5.05 4.16 1.73 2.03 3.25   1.076 36.64 101   
3 - 4   4.72 0.02 2.27 0.08 5.24 4.38 1.70 1.98 3.24   1.296 41.68 99   
4 - 5   4.86 0.02 2.33 0.09 4.70 3.81 1.68 2.00 3.37   1.124 45.03 94   
5 - 6   5.11 0.03 2.43 0.11 4.68 3.75 1.66 2.00 3.52   1.829 59.15 98 1.50 
6 - 7   5.04 0.02 2.38 0.08 5.00 4.09 1.78 2.12 3.50   1.120 61.9 95   
7 - 8   5.34 0.03 2.50 0.12 8.32 7.35 1.91 2.13 3.37   1.096 61.4 88   

8 - 10   5.18 0.02 2.39 0.11 6.37 5.43 1.79 2.05 3.31   1.033 56.49 82   
10 - 12   3.95 0.02 1.66 0.11 6.69 5.97 1.86 2.05 3.40   0.958 51.04 76   
12 - 14   4.86 0.02 2.20 0.12 18.11 17.23 2.04 2.13 3.48   0.827 38.25 70 0.74 
14 - 16   5.33 0.02 2.42 0.05 4.37 3.40 1.34 1.64 3.40   0.763 26.05 54 1.07 
16 - 19   5.38 0.02 2.45 0.18 4.25 3.27 1.37 1.69 3.33   0.675 9.088 65   
19 - 22   5.33 0.02 2.46 0.24 6.10 5.13 1.44 1.65 3.52   0.593 1.478 4 27   
22 - 25   5.61 0.03 2.53 0.23 4.77 3.75 1.56 1.90 3.09   0.406 0.469 54 10   
25 - 28   4.78 0.02 2.16 0.26 5.59 4.72 1.65 1.90 3.37   0.281 0.424 120 5   
28 - 32   4.15 0.02 2.13 0.50 9.30 8.54 1.66 1.78 3.46   0.076 0.332 218 9   
32 - 36   4.59 0.02 2.14 0.45 6.60 5.76 1.63 1.82 3.22   0.170 0.378 338 28   
36 - 40   4.58 0.02 2.02 0.50 8.22 7.38 1.65 1.80 3.33   0.025 0.378 430 7   

FeHR and FePy measured via Fe speciation; FeHR is the sum of Fecarb, Feox1, Feox2, Femag, and FePy                  
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Table 3 Elemental and Mo isotope composition of sediment and porewater profiles of MUC3                 
                                  

    Solid phase   Porewater 

Sediment depth   Al Mn Fe FePy/FeHR Mo Moauth δ98Mo δ98Moauth TOC   Mn Fe H2S Mo δ98Mo 
[cm]   [wt-%] [wt-%] [wt-%] [wt-%] [µg/g] [µg/g] [‰] [‰] [wt-%]   [µM] [µM] [µM] [nM] [‰] 

bottom water                       0.530 0.206 

below 
detection 

limit 

106   

0 - 1   3.56 2.99 1.83 0.03 9.24 8.59 1.94 2.07 2.35   0.639 0.148 88   

1 - 2   3.61 3.48 1.85 0.03 7.06 6.40 -0.12 -0.16 3.11   32 0.148 222 0.79 

2 - 3   3.61 0.81 1.81 0.05 4.01 3.35 0.10 0.06 3.30   103 0.148 253   

3 - 4   3.54 0.54 1.82 0.05 2.55 1.91 -0.03 -0.14 3.18   160 0.194 282   

4 - 5   2.57 0.88 1.41 0.05 3.73 3.26 0.00 -0.04 3.20   220 0.286 224   

5 - 6   3.60 0.49 1.82 0.05 1.89 1.23 -0.16 -0.41 3.34   279 0.928 199 0.61 

6 - 8   3.57 0.50 1.80 0.05 2.63 1.98 -0.70 -1.03 3.24   281 4.458 193   

8 - 10   3.50 0.56 1.76 0.07 3.49 2.86 -1.08 -1.39 3.28   255 10.28 195 0.50 

10 - 12   3.62 0.57 1.82 0.08 3.53 2.88 -1.06 -1.37 3.19   140 1.478 239   

12 - 14   3.19 0.67 1.65 0.20 6.83 6.25 -0.50 -0.57 2.84   81 0.286 259 0.75 

14 - 17   2.39 0.11 1.15 0.26 8.22 7.78 -0.15 -0.18 2.16   132 1.065 234   

17 - 20   1.87 0.06 0.80 0.57 6.83 6.49 0.49 0.50 1.67   152 0.469 191 0.80 

20 - 24   2.87 0.06 1.39 0.49 14.05 13.53 0.70 0.71 2.74   156 0.194 149   

24 - 28   2.91 0.05 1.40 0.50 13.60 13.07 1.06 1.09 2.80   161 0.194 92   

28 - 32   3.03 0.05 1.47 --- 15.28 14.73 1.30 1.34 2.92   161 0.148 47   

FeHR and FePy measured via Fe speciation; FeHR is the sum of Fecarb, Feox1, Feox2, Femag, and FePy                  
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Table 4 Elemental and Mo isotope composition of sediment and porewater profiles of MUC16                 
                                  

    Solid phase   Porewater 
Sediment depth   Al Mn Fe FePy/FeHR Mo Moauth δ98Mo δ98Moauth Zn   Mn Fe H2S Mo δ98Mo 

[cm]   [wt-
%] 

[wt-
%] 

[wt-
%] [wt-%] [µg/g] [µg/g] [‰] [‰] [µg/g]   [µM] [µM] [µM] [nM] [‰] 

bottom water                       0.196 0.441 

below 
detection 

limit 

102   
0 - 1   1.79 0.09 24.49 0.61 8.92 8.60 -0.39 -0.42 5037   79 40 241 0.69 
1 - 2   1.93 0.06 24.44 0.64 9.64 9.29 1.97 2.03 5507   67 81 204   
2 - 3   1.80 0.05 29.79 0.62 12.39 12.06 2.08 2.13 6158   37 122 154   
3 - 4   1.67 0.04 21.36 0.64 10.48 10.17 1.94 1.99 6182   25 122 123 1.52 
4 - 5   1.58 0.04 21.59 0.70 12.68 12.39 1.93 1.96 7408   15 122 103   
5 - 6   1.55 0.04 22.14 0.73 14.73 14.45 1.83 1.86 7034   17 108 121 1.65 
6 - 8   1.52 0.04 22.72 0.76 13.15 12.87 1.74 1.77 7405   11 116 79   

8 - 10   1.34 0.04 23.74 0.68 20.38 20.13 1.82 1.84 8783   12 135 64   
10 - 12   0.94 0.03 25.98 0.70 25.00 24.83 2.16 2.18 9889   12 153 64 2.84 
12 - 14   1.82 0.05 22.21 0.73 18.43 18.10 1.63 1.65 8977   13 177 57   
14 - 17   2.20 0.06 17.69 0.64 14.15 13.75 1.71 1.75 6634   14 177 60 3.15 
17 - 20   0.27 0.04 27.70 0.79 33.21 33.17 2.20 2.20 18383   13 192 68   

FeHR and FePy measured via Fe speciation; FeHR is the sum of Fecarb, Feox1, Feox2, Femag, and FePy                  
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Table 5 Comparison of geochemical parameters in the Guaymas OMZ and the Peruvian margin OMZ 
      

Parameter Guaymas OMZ Peruvian margin OMZ 

OMZ  
(m water depth) 500 - 1000 a < 50 - 500 b 

OMZ position slope shelf 

Primary production  
(g C m-2 yr-1) 130 c 350 d 

TOC content  
(wt-%) 2.79 - 3.52 2.31 - 16.10 b 

Sedimentary 
processes 

· Negligible release of Fe at  
sediment-water interface 
· Moderate bacterial 
sulfide reduction 

· Recycling of Fe-oxide dissolution/ 
re-oxidation and precipitation at 
sediment-water interface 
· Enhanced bacterial sulfide 
reduction and precipitation of Fe-
sulfides 

Mo flux 
(nmol cm-2 yr-1) 2.06 16.2 b 

Mo content 
(porewater in nM) 

5 - 130 
(avg. of 92 nM before  

Fe-S precipitation) 

12-218 
(avg. of 153 nM before  

Fe-S precipitation) 

Mo content  
(sediment in µg/g) 3 - 17 11 - 101 b 

avg. δ98Mo  
(sediment in ‰) 1.93 ± 0.32 (2SD) 1.32 ± 0.17 (2SD) e 

Mo supply  
mechanism diffusive and particulate particulate (Fe-oxides) e 

a Bray, 1988; Thunell, 1998; Wyrtki, 1962     
b Scholz et al., 2011     
c Brumsack, 1989     
d Muller and Suess, 1979     
e Scholz et al., 2017     
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